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 Over the last two centuries, human activities have led to an unprecedented rate of 
carbon input into the atmosphere and oceans resulting in an alarmingly rapid decline in 
surface ocean pH, a process referred to as ocean acidification (OA).  This process is 
leading to an observed decline in the carbonate ion concentrations ([CO3
2-]) in seawater – 
an ion that a large number of marine organisms (e.g. corals, foraminifera) utilize to 
secrete their skeletons and shells. The ability to identify past ocean acidification events 
using the marine sedimentary record can shed light on future impacts of the modern OA 
dilemma.  Planktonic foraminifera have the ability to record the physical and chemical 
properties of the seawater in which they calcified, therefore the fossil shells of 
foraminifera serve as archives for past climatic and oceanographic conditions. Here, we 
present a new proxy surface ocean [CO3
2-] – planktonic foraminferal area density – and 
establish methods for a known proxy for surface ocean pH – the boron isotopic 
composition of foraminiferal calcite (δ11B).  These proxies are used to reconstruct 
changes in the surface ocean carbonate system of the eastern equatorial Pacific over the 
last 35, 000 years using marine sediment core TR163-19 collected from the Cocos Ridge 
(2°16’N, 90°57’W, 2,348 m). The stable carbon and oxygen isotopic compositions of two 
morphotypes of planktonic foraminifer Orbulina universa collected from the Cariaco 
Basin, Venezuela are also investigated, with results suggesting that the two morphotypes 
record different environmental signals in the calcite shells and should not be used 
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Biweekly sediment trap samples and concurrent hydrographic measurements 
collected between March 2005 and October 2008 from the Cariaco Basin, Venezuela are 
used to assess the relationship between [CO3
2-] and the area densities (ρA) of two species 
of planktonic foraminifera (Globigerinoides ruber (pink) and Globigerinoides 
sacculifer).  Calcification temperatures were calculated for each sample using species-
appropriate oxygen isotope (δ18O) temperature equations that were then compared to 
monthly temperature profiles taken at the study site in order to determine calcification 
depth.  Ambient [CO3
2-] was determined for these calcification depths using alkalinity, 
pH, temperature, salinity, and nutrient concentration measurements taken during monthly 
hydrographic cruises.  ρA, which is representative of calcification efficiency, is 
determined by dividing individual foraminiferal shell weights (± 0.43 μg) by their 
associated silhouette areas and taking the sample average. The results of this study show 
a strong correlation between ρA and ambient [CO3
2-] for both G. ruber and G. sacculifer 
(R2 = 0.89 and 0.86 respectively), confirming that [CO3
2-] has a pronounced effect on the 
calcification of these species.  Though the ρA for both species reveal a highly significant
(p < 0.001) relationship with ambient [CO3
2-], linear regression reveals that the extent to 
which [CO3
2-] influences foraminiferal calcification is species-specific.  Hierarchical 
regression analyses indicate that other environmental parameters (temperature and [PO4
3-
]) do not confound the use of G. ruber and G. sacculifer ρA as a predictor for [CO3
2-].  
This study suggests that G. ruber and G. sacculifer ρA can be used as reliable proxies for 







Changes in the carbon dioxide (pCO2aq) concentration of the oceans alter surface 
ocean pH and in turn seawater carbonate ion concentrations [CO3
2-].  Over the last two 
centuries, anthropogenic input of carbon into the atmosphere and oceans has resulted in 
an unprecedented rapid decline in surface ocean pH, a process referred to as ocean 
acidification [OA; Caldiera and Wickett, 2003, Honisch et al., 2012; Zeebe et al., 2012]. 
Though the uptake of ~30% of the anthropogenic CO2 by the ocean has mitigated modern 
pCO2atm rise [Sabine et al., 2004], the resulting decline in calcite and aragonite saturation 
states has had an adverse effect on several key marine organisms and ecosystems 
[Riebesell et al., 2000; Caldiera and Wicket, 2003; Orr et al., 2005; Hoegh-Guldberg et 
al., 2007, Moy et al., 2009].  With some exceptions [Iglesias-Rodriquez et al., 2008; Ries 
et al., 2009], marine calcifiers - including several species of planktonic foraminifera - 
have exhibited reduced rates of calcification when grown in low pH and low [CO3
2-] 
waters [Table 1.1; Spero et al., 1997; Bijma et al., 1999, 2002; Wolf-Gladrow et al., 
1999; Riebesell et al., 2000; Russell et al., 2004; Lombard et al., 2010; Manno et al., 
2012].  In addition to having an adverse effect on the calcification efficiency of these 
organisms, a reduction in calcification rates of marine plankton will likely have a 
significant impact on the marine carbon cycle, as calcification is a process that increases 
aqueous CO2 [Wolf-Gladrow et al., 1999; Zeebe and Wolf-Gladrow, 2001]. Thus, on 




to take up atmospheric CO2 [Feely et al., 2004], but would ultimately reduce the total 
flux of calcite and organic carbon to the deep ocean over longer time scales, which serves 
as a significant long-term carbon sink [Armstrong et al., 2002; Klass and Archer, 2002; 
Ridgwell and Zeebe, 2005; Zeebe, 2012].  
Since planktonic foraminifera are responsible for up to 80% of the total calcium 
carbonate (CaCO3) accumulated in surface sediments [Schiebel, 2002], it is important to 
understand the extent to which their calcification will be affected by decreasing [CO3
2-] 
associated with OA.  The quantification of the relationship between [CO3
2-] and 
planktonic foraminiferal calcification provides a useful proxy for determining past 
changes in ocean carbonate chemistry, as well as estimates of past pCO2atm.  It has been 
shown that a positive linear relationship exists between planktonic foraminiferal size-
normalized shell weight (SNW) and ambient [CO3
2-] [Spero et al., 1997; Bijma et al., 
1999, Barker and Elderfield, 2002].  Rates of calcification increase in conjunction with 
increasing seawater [CO3
2-], resulting in a thickening of the shell wall and an increase in 
mean shell weight  [Spero et al., 1997; Bijma et al., 1999; Russell et al., 2004].  
Culture studies have shown a decline in calcification efficiency with decreasing 
[CO3
2-] for a wide variety of foraminiferal species commonly used in paleoclimatic and 
paleoceanographic reconstructions (Table 1.1).  Most studies of sediment core and water 
column material (plankton tow and sediment trap) report a stronger influence of [CO3
2-] 
on foraminiferal calcification than what has been reported in culture studies (Table 1.1).  
It has been suggested that the shallower slopes reported in culture studies could have 
been a result of the foraminifera not having completed their entire life cycle in culture 




Additional differences amongst studies investigating the influence of [CO3
2-] on 
foraminiferal calcification arise from the variety of methodologies used to estimate 
changes in calcification.  While some studies estimate or measure calcification rate or 
shell thickness, most studies use SNW to estimate a change in shell thickness or density 
in response to changes in [CO3
2-] (Table 1.1).  In order to isolate the contribution of shell 
thickness to weight measurements, the influence of size on the overall weight of the 
foraminiferal test must be taken into account.  Prior studies have examined the 
relationship between [CO3
2-] and shell weight using two general methods for size 
normalization: sieve-based weight [SBW; Broecker and Clark, 2001a, Naik et al., 2010, 
de Villiers, 2004] and measurement-based weight [MBW; Barker and Elderfield, 2002, 
Beer et al., 2010a, Aldridge et al., 2012].  The SBW is the simpler of the two methods, in 
which the mean bulk weights are determined from traditionally used narrow size 
fractions.  The use of MBW, which is a more effective method for reducing the influence 
of size on weight measurements [Beer at al., 2010b], normalizes mean bulk weights 
taken from narrow size fractions using equation (1) below, where parameter refers to 
either silhouette area or diameter: 
                   MBWparameter = 
mean SBW
sample




                              (1) 
Most SNW studies, regardless of the normalization method used, reveal a positive 
linear relationship between foraminiferal shell weights and [CO3
2-], although there are 
significant inter and intra-species differences (Table 1.1).  However, a number of studies 
have found contradictory results, reporting either a negative [G. ruber (white); Beer et 




Gonzelez-Mora et al., 2008] between shell weight and [CO3
2-].  In these cases, it was 
suggested that other environmental parameters, or more generally optimal growth 
conditions [de Villiers, 2004], govern calcification efficiency for these species.  
A temperature effect on foraminiferal calcification has been reported in a number 
of studies [Bé et al., 1973, Hecht, 1976, Hemleben et al., 1987, Schmidt et al., 2004, 
Lombard et al., 2009].  These studies indicate that the size of foraminiferal tests varies 
with temperature, giving an additional reason for size normalization when using shell 
weight as a proxy for [CO3
2-].  Likewise, several studies have reported a potential 
relationship between SNW and temperature [Barker and Elderfield, 2002, Beer et al., 
2010a, Aldridge et al., 2011].  However, this observed relationship between SNW and 
temperature can also be explained by a [CO3
2-] effect as the two parameters co-vary in 
surface waters.  Barker and Elderfield [2002] evaluated the influence of temperature on 
Globigerina bulloides SNW by comparing shell weights across the most recent glacial-
interglacial transition. They found that average shell weights were higher during the last 
glacial period when SST was low and [CO3
2-] was high, concluding that [CO3
2-], not 
temperature, was the dominant factor influencing calcification rates.  A recent culture 
study using N. pachyderma (sinistral) specimens showed that the calcification rates of 
both juvenile and adult specimens decreased by 30% and 21%, respectively when grown 
in low [CO3
2-] waters, but were unaffected by an increase in ambient temperature while 
keeping [CO3
2-] constant [Manno et al., 2012].  
Other authors have suggested that nutrient concentrations ([PO4
3-] and [NO3
-]) 
may affect foraminiferal calcification efficiency – either by enhancing calcification 




2012].  For example, based on a North Atlantic plankton tow study, Aldridge et al. [2012] 
found that the MBW of G. bulloides had a strong negative correlation with [PO4
3-].  
However, Aldridge et al. [2012] do not consider the strong collinearity that exists 
between [PO4
3-] and [CO3
2-] (R2 = - 0.85).  Simply put, when [PO4
3-] is increasing in 
surface waters, [CO3
2-] is decreasing, making it difficult to determine which 
environmental parameter best explains the observed variability in G. bulloides MBW.  
The objective of the current study is to better quantify the relationship between 
foraminiferal calcification and [CO3
2-] by utilizing a more precise method of eliminating 
the contribution of shell size to shell weight through area density (ρA; μg/μm
2) 
calculations.  The method for deriving ρA presented in this study uses the weight and 
silhouette area of individual shells of G. ruber (355-650 μm) and G. sacculifer (425-850 
μm), allowing for the use of a broad size fraction while investigating the relationship 
between calcification efficiency and ambient [CO3
2-].  The Cariaco Basin, Venezuela is 
an ideal study area to investigate the relationship between seawater [CO3
2-] and 
planktonic foraminiferal ρA as this region is characterized by the seasonal upwelling of 
low pH, low temperature, and low [CO3
2-] waters.  In this study, we use linear regression 
modeling to investigate the relationships amongst foraminiferal ρA, ambient [CO3
2-], 
temperature and [PO4
3-] at the depth of calcification.  
 
1.3 THE CARIACO BASIN  
 
1.3.1 REGIONAL SETTING 




divided into two sub-basins by a 900 m saddle (Figure 1.1).  Climatological conditions in 
the basin are controlled by the seasonal migration of the Intertropical Convergence Zone 
(ITCZ) and the associated latitudinal position of the easterly Trade Winds.  The ITCZ is 
in its most southerly position during the boreal winter and early spring (November – 
May).  During this time the easterlies are positioned over the basin and generate Ekman-
induced upwelling, which results in minimum sea surface temperatures (~22°C), 
maximum salinity (>36.8), elevated nutrient concentrations and high primary production 
[Thunell et al., 2000; Muller-Karger et al., 2001; 2010; Goñi et al., 2003].  During the 
summer and early fall (August – October) the ITCZ migrates to its most northerly 
position; trade winds decrease over the basin and upwelling ceases, allowing sea surface 
temperatures to reach their maximum (~28-29°C), while nutrient concentrations and 
primary production are mutually diminished. The northerly position of the ITCZ over the 
Cariaco Basin at this time also increases precipitation, resulting in lower salinities in the 
surface waters (< 36.6). 
The CARIACO oceanographic time series began in November 1995 with the goal 
of providing a link between surface processes and the sediment record [Muller-Karger et 
al., 2000, 2001; Thunell et al., 2000; Goñi et al., 2003].  A bottom tethered mooring 
(10°30′ N and 65°31′ W) with automated sediment traps at five depths (150, 230, 410, 
800, and 1200 m) continuously measures the flux of settling particles and provides bi-
weekly samples that can be examined and compared to monthly hydrographic data.  The 
samples used in this study are from the upper three sediment traps.  The planktonic 
foraminifera collected from these samples display excellent preservation, with specimens 




range of hydrographic data at discrete depths throughout the water column (0 - 1300 m) 
on a monthly basis.  All hydrographic data for the Cariaco Time Series is archived at 
http://www.imars.usf.edu/CAR.   
 
1.3.2 THE CARBONATE SYSTEM IN THE CARIACO BASIN 
The ocean carbonate system can be quantitatively defined by the following six 
parameters: total dissolved inorganic carbon (DIC), total alkalinity (AT), pH, [CO3
2-], 
total CO2 in seawater ([CO2] = [CO2(aq)] + H2CO3), and bicarbonate ([HCO3
-]).  One can 
use the combination of any two of these parameters, in combination with temperature, 
salinity, pressure, and nutrient concentrations, to calculate the entire carbonate system 
[see Zeebe and Wolf-Gladrow, 2001 and Zeebe, 2012 for a review of the carbonate 
system].  For our study, pH and total alkalinity are the only two parameters directly 
measured during the monthly hydrographic cruises.  The carbonate system in the Cariaco 
Basin is influenced by a number of water column biogeochemical processes including 
primary production and respiration, CaCO3 precipitation and dissolution, and the 
remineralization and consumption of organic matter [Astor et al., 2005].  Additionally, 
physical factors such as seasonal upwelling, changes in evaporation and precipitation 
ratios, advection of Caribbean waters into the basin, air-sea gas exchange, and riverine 
input also impact the carbonate system in the basin. These processes collectively yield 
surface water (1 m depth) pH values that range from 8.03 to 8.11 during the study period 
(March 2005 – September 2008) [http://www.imars.usf.edu/CAR]. The oxidation of 
organic matter in the basin, coupled with increased CO2 solubility associated with 




These processes, in combination with a lower average alkalinity at intermediate depths 
(2407 μmol/kg at 100 m vs. 2418 μmol/kg at the surface), yield an average pH value of 
7.91 at 100 m depth throughout the course of the study period. 
 
1.4 MATERIALS AND METHODS 
 
1.4.1 FORAMINIFERAL COLLECTION 
Bi-weekly sediment trap samples were collected between May 2005 and 
September 2008 in cups containing a buffered formalin solution, ensuring good 
preservation of the foraminiferal tests.  Shells of planktonic foraminiferal species G. 
ruber and G. sacculifer were separated from the sediment trap samples using the settling 
method described by Bé et al. [1959].  The shells were washed, wet sieved (> 125 μm) 
and examined under a stereo binocular microscope.  After washing, microscopic 
observation of the foraminiferal tests revealed clean surfaces, free of surficial organic 
matter (OM).  All G. ruber (pink) and G. sacculifer (sac-less) individuals were wet 
picked and allowed to dry (> 1 week) prior to weighing in an environmentally-controlled 
weighing room.  Following a 45-minute oxidative treatment (30% H2O2 with 0.1M 
NH4OH) on a select number of samples (n =4), it was determined that differences 
between the pre and post-treatment shell weights within the analytical error associated 
with the weight measurements (±0.43 μg, repeat weighing of individual Orbulina 
universa; n = 60).  This indicates that the settling and washing techniques were efficient 




in this study.  The microscopic imaging program Macnification 2.0 (Orbicule – Mac OS 
X Leopard) was used to sort G. ruber (355-650 μm) and G. sacculifer (425-850 μm) into 
their corresponding size fractions based on Feret’s diameter (the longest distance between 
two points on the test). 
 
1.4.2 AREA DENSITY ANALYSIS 
Individual foraminiferal shells from each sample population were weighed using a 
Metler Tolledo microbalance and photographed with an inverted light microscope for 
size analysis.  Macnification 2.0 uses an RGB-filter to determine individual foraminiferal 
2-D (silhouette) areas.  Calibration for the silhouette area and Feret’s diameter 
measurements was performed using a microscale image taken at the same magnification 
as the foraminiferal images (50x). Foraminiferal shells are positioned to capture the 
maximum silhouette area of each individual, corresponding to the umbilical or spiral 
sides for both G. ruber and G. sacculifer.  The difference in average areas for the spiral 
and umbilical orientations were determined to be negligible based on analyses performed 
on sample populations of G. ruber (n = 15, area difference between orientations = 0.15 
%) and G. sacculifer (n = 12, area difference between orientations = 0.40 %).   ρA 
(μg/μm2) is determined by dividing individual weights by their corresponding silhouette 
area and taking the sample average (n > 10, mean = 18). 
 
1.4.3 TEMPERATURE CALCULATIONS AND CALCIFICATION DEPTHS 




analyzed for oxygen isotope composition to determine calcification temperature.  Oxygen 
isotope analyses were performed on a GV IsoPrime stable isotope ratio mass 
spectrometer (long-term standard reproducibility = ±0.07‰) and are reported relative to 
Vienna Pee Dee Belemnite (V-PDB). Calcification temperatures for each sample were 
determined using the following species-appropriate δ18O- temperature equations:   
 
G. ruber  (Bemis et al., 1998): T (°C)  = 14.90 – 4.80 (δc –δw)                     (2) 
G. sacculifer (Mulitza et al., 2003): T (°C)  = 14.91 – 4.35 (δc –δw)            (3)     
          
Where δc is the δ
18O of the foraminiferal calcite and δw is the δ
18O of the calcifying 
waters.  Time-equivalent δ18Ow- estimates were established using the δ
18Ow-salinity 
equations from McConnell et al. [2009] for the Cariaco Basin for both upwelling 
(equation 4) and non-upwelling conditions (equation 5).  
 
δ18Ow = 0.80 (±0.08) × (salinity) – 28.53 (±3.0)              (4) 
δ18Ow = 0.27 (±0.04) × (salinity) – 8.77 (±1.3)              (5) 
 
The δ18Ow values are scaled from SMOW to PDB by subtracting 0.27‰ [Bemis et 
al., 1998].   The δ18O-derived calcification temperatures were then compared to the 




instrumental temperature, salinity, nutrient, pH and alkalinity needed for calculating 
[CO3
2-].  It should be noted that a [CO3
2-]- δc relationship has been observed in culture 
studies (Spero et al., 1997).  To our knowledge, no calibration of this relationship exists 
for either G. ruber or G. sacculifer making it difficult to model this effect on the samples 
used in this study.  Using the Δδ18O-[CO3
2-] model presented in King and Howard 
(2005), where Δδ18O is the difference between the measured δc from the foraminiferal 
samples and the predicted δc based on the instrumental temperatures., we find that there is 
no correlation between [CO3
2-] and Δδ18O for the sediment trap samples used in this 
study, suggesting that [CO3
2-] is not a controlling factor for this offset. 
 
1.4.4 CARBONATE PARAMETER CALCULATIONS 
Monthly records of aqueous [CO3
2-] were generated for the study site using 
CO2SYS.xls [Pelletier et al. 2007, version 16] and the constants of Lueker et al. [2000] 
and Dickson et al. [1990].  [CO3
2-] values were calculated for the upper 130 meters at 
discrete depth intervals (1, 7, 15, 25, 35, 55, 75, 100, 130 m) using AT, pH, temperature, 
salinity, and nutrient concentration measurements taken during monthly hydrographic 
cruises, and accounting for the depth (i.e. pressure) of collection.  The measurement error 
for [CO3
2-], calculated from the errors associated with each carbonate parameter used for 
its calculation, is less than ± 1.3 μmol/kg for all the samples used in this study.  A 
comprehensive description of the methodologies used to collect monthly hydrographic 
data in the Cariaco Basin can be found at http://www.imars.usf.edu/CAR.   
Assuming an average three-week life span for both G. ruber and G. sacculifer 




[sinking speed = 300 m/day; Takahashi and Bé, 1984], the foraminifera collected in the 
biweekly sediment traps calcified in waters 8 to 22 days prior to the time the trap opened 
for collection. Thus, in all possible cases, we used hydrographic data that fell close to or 
within this range of day difference to pair with the average foraminiferal ρA.  
 
1.4.5 REGRESSION ANALYSES 
Simple, multiple and hierarchical regression analyses [IBM SPSS; Miles and 
Shevlin, 2001] were used to quantify the relationships between the response variable 
(foraminiuferal ρA) and the predictor variables ([CO3
2-], temperature and [PO4
3-]).  
Simple linear regression analysis (SLR) was used to determine the bivariate relationship 
between individual response and predictor variables.  Various types of multiple linear 
regression analyses (MLR) were performed to examine the relationships between ρA and 
the predictor variables, as well as to examine the covariance amongst the predictor 
variables themselves.  Both SLR and MLR can yield unreliable statistical outcomes for 
cases of multiple co-varying predictor variables – a condition called collinearity or 
multicollinearity.  Collinearity can be an issue in upwelling systems such as the Cariaco 
Basin as it is difficult to de-couple co-varying environmental variables and determine the 
actual amount each variable contributes to changes in the response variable (e.g. ρA).  To 
examine the collinearity amongst the three predictor variables, two types of MLR were 
performed.  The first used each predictor variable in turn as the dependent variable and 
the other two predictor variables as the dependent variables (Table 1.2).  The coefficient 
of determination (R2) resulting from these multivariate regression analyses is indicative 




variables) with the independent variables (the other two predictor variables), essentially 
quantifying the redundancy one predictor variable shares with the other predictor 
variables.  Two other collinearity diagnostics, tolerance (1-R2) and variance inflation 
factor (VIF; (1-R2)-1), were determined using MLR with ρA as the dependent variable and 
[CO3
2-], temperature and [PO4
3-] as the independent variables (Table 1.3). Collinearity in 
two or more predictor variables will inflate the variance and standard errors associated 
with a regression analysis, thus a strong R2 is the result of redundant predictor variables 
as opposed to a set of good independent predictor variables.  In general, tolerance values 
below 0.50 and VIF values above 2 are indicative of an issue with collinearity amongst 
the independent variables [Miles and Shevlin, 2001]. 
One way the current study addresses the issue of collinearity by leaving the values 
for one predictor variable (X1) unchanged, but removing its covariance with the other two 
predictor variables (X2, X3) by regressing them on X1 and generating their residuals.  For 





were quantified using equations 11 and 12 for G. ruber and 17 and 18 for G. sacculifer 
from Table 1.4 in order to determine the predicted values for calcification temperature 
and phosphate concentrations based on their relationship with [CO3
2-].  The residuals 
were then calculated by subtracting the predicted values from the measured values.  The 
residuals represent the variability in temperature and phosphate that is unrelated to their 
covariance with [CO3
2-].  By using the residuals as opposed to the original calcification 
temperature and phosphate concentrations, we are able to estimate what additional 
influence these parameters have on G. ruber and G. sacculifer ρA once [CO3
2-] has been 




relative predictive capabilities of each variable for G. ruber and G. sacculifer ρA by 
assessing the change in R2 (ΔR2) and the significance of this change (p ΔR2) as each 
predictor variable is added sequentially to the regression model.  In addition to the R2, 
ΔR2, and p ΔR2, the beta or standardized coefficient (β) is also reported as this is 
indicative of the percentage of a standard deviations (SD) that the response variable (ρA) 
would change for a 1 SD change in the predictor variable (Tables 1.5 and 1.6).  Each 
model assumes that X1 is the dominant predictor variable and assesses the relative 
contributions of X2 and X3 while holding all previously added variable(s) constant 
(Tables 1.5).  When using HMR, each predictor variable is added to the regression 
equation in an order specified by the researcher based on prior observations or an 
established theory.  For the first model, we use the results of previous studies (Barker and 
Elderfield, 2002; Naik et al., 2010; Manno et al., 2012) to establish the order of the 
variables, using [CO3
2-] as X1 and TCres, [CO3
2-] and [PO4
3-]res, [CO3
2-] as X2 and X3, 
respectively..  Models 2-4 placed the residuals of [CO3
2-] either second or third during 
HMR to determine if it still contributed significantly to predicting ρA once the other 
variables had been considered.  
 
1.5 RESULTS AND DISCUSSION 
1.5.1 SIZE-FRACTION RELEVANCE AND UTILIZATION 
A potential limiting factor in traditional SNW studies is the requirement that 
samples be restricted to narrow size fractions in an attempt to eliminate the contribution 




number of foraminiferal shells per sample and a small sample size increases the error 
associated with size-normalized weight or ρA estimations as defined by the following 
error estimation equation [Beer et al., 2010a; Aldridge et al., 2012]: 
                                        SNW or ρA error = SNW or ρA × (n)
-1                              (6) 
A large number of individuals per sample greatly decrease the chances of having 
biased weight or ρA estimations.  In this study, shell weight and silhouette area estimates 
were made for individual foraminifera as opposed to groupings of individuals, allowing 
for the application of ρA analysis over a wider size-fraction (425-850 μm for G. sacculifer 
and 355-650 μm for G. ruber).  SLR comparing ρA to the mean silhouette area for each 
sample reveals no statistically significant relationship for either species (Figure 1.2; R2 = 
0.02, p = ns for G. ruber; R2= 0.00, p = ns for G. sacculifer).  We therefore conclude that 
the area density method used in this study is very effective at removing the influence of 
G. ruber and G. sacculifer shell size on ρA.  These results support the use of broader shell 
size fractions in ρA studies.  A concern with using broader size fractions for ρA and SNW 
analysis is that the morphology and calcification of foraminifera can change throughout 
ontogeny [Bé et al., 1980; Hemleben et al., 1989].  For example, during gametogenesis 
and following the formation of a sac-like final chamber, G. sacculifer secretes a calcite 
crust over its entire shell, increasing the thickness of the shell by an average of 9 μm [Bé 
et al., 1980].  In this study, only sac-less G. sacculifer individuals were used for ρA 
analysis in the effort to eliminate the complication of gametogenic calcite formation in 
this species.  Globigerinoides ruber does not precipitate gametogenic calcite [Caron et 
al., 1990], but it is possible that the influence of [CO3
2-] on calcification could vary 




have shown that ontogeny, and by extension size fraction utilization, does not have a 
significant influence on G. ruber (white) and O. universa SNW-[CO3
2-] calibrations 
[Beer et al., 2010a; Bijma et al., 2002].  To test whether the use of broader size fractions 
has an impact on the calibration equations derived for ρA and [CO3
2-], we examined the 
relationship between these two variables for three different size fractions of both G. ruber 
(355-500; 500-650; 355-650 μm) and G. sacculifer (425-650; 650-850; 425-850 μm; 
Figure 1.3).  We found that the percent change in ρA that occurred with a change in 
[CO3
2-] from 200 to 300 μmol/kg (%Δ[CO3
2-]200-300) ranged from 44 to 50% for the three 
G. ruber size fractions (Table 1.4; equations 8-10) and from 20 to 29% for the various G. 
sacculifer size fractions (Table 1.4; equations 14-16).  The correlation coefficients are 
lower and the ρA error higher for the narrower size fractions due to the smaller number of 
individuals per sample in these size fractions (n > 2; Figure 1.3).  We speculate that the 
small difference in ρA change between the different size fractions is likely due to the 
difference in the number of individuals per sample, resulting in significant errors 
associated with the average ρA calculations for the narrower size fractions.  Based on 
these observations, we conclude that the small range in %Δ[CO3
2-]200-300 for ρA exhibited 
by the different size fractions illustrates that ontogeny does not significantly affect the 
relationship between ρA and [CO3
2-].   The broader size fractions (355-650 μm for G. 
ruber, 425-850 μm for G. sacculifer) used in this study yield the largest number of 
individuals per sample and smallest errors and are therefore optimal for generating the 
calibration equations.  Thus, only the data for the broader size fractions will be 





1.5.2 CALCIFICATION DEPTH AND TEMPERATURE ESTIMATES 
Calcification temperatures derived from the δ18O analyses for each sample were 
paired with the closest time-equivalent measured water column temperatures.  The 
instrumental temperatures rather than the δ18O-derived temperatures are used for the 
carbonate calculations and statistical analyses in order to maintain consistency with the 
rest of the hydrographic data used in this study.  Average temperatures were comparable 
to previously published optimum temperatures for both G. ruber [26 °C for this study vs. 
27 °C from Mulitza et al., 1998] and G. sacculifer [23 °C for this study vs. 22 °C from 
Mulitza et al., 1998].   The instrumental temperatures values for the upper 130 m for the 
3-year study period, along with the estimated calcification depths for G. ruber (black 
circles) and G. sacculifer (blue diamonds) from each sediment trap sample are shown in 
Figure 1.4a.  The mean calcification depth for G. ruber is 16 (± 19) m, which is 
consistent with this species living in the surface mixed layer in the Cariaco Basin [Miro, 
1971;Tedesco et al., 2007] and falls within the previously observed depth range of 0-50 
m [Hemleben et al., 1989; Farmer et al., 2007].   
The estimated calcification depths for G. sacculifer range from 15-100 m, with 
the mean being ~ 50 (± 28) m.  These results are in line with previous depth estimates for 
the species from the Cariaco Basin [Wejnert, 2011].  For both species, calcification depth 
changes seasonally in response to shifts between upwelling and non-upwelling regimes in 
the basin (Figure 1.4a).  Changes in calcification depth are likely a response to changes in 
ambient water density at depth due to transitions between upwelling and non-upwelling 




characterized by an optimal temperature, salinity, light, and/or chlorophyll and nutrient 
regimes [Hemleben et al., 1989; Sautter and Thunell, 1991a; Tedesco et al., 2007]. 
 
1.5.3 CARBONATE SYSTEM CALCULATIONS 
The [CO3
2-] record for the upper 120 m over the course of the study period is 
shown in Figure 1.4b, along with the calcification depths determined for each sample 
population for both species.  The [CO3
2-] at the calcification depths for G. ruber ranged 
between 215 and 270 μmol/kg (mean = 240 μmol/kg) throughout the study period, 
coinciding with calcite saturation states (Ωcalc) ranging from 5.0 to 6.5 (mean = 5.7).  
[CO3
2-] and Ωcalc for G. sacculifer were on average lower than those for G. ruber (165 – 
240 μmol/kg, mean [CO3
2-] = 200 μmol/kg, mean Ωcalc = 4.7), in agreement with G. 
sacculifer’s deeper depth habitat. 
 
1.5.4 CARBONATE, TEMPERATURE AND PHOSPHATE CONTROLS ON FORAMINIFERAL ρA 
SLR revealed that the ρA for both species has a highly significant (p < 0.001) 
relationship with ambient [CO3
2-] (Table 1.4; Figure 1.3a).  SLR performed using 
temperature as the predictor variable for ρA also revealed a significant positive-linear 
relationship (Figure 1.5a,b).  In comparison, SLR using [PO4
3-] as the predictor variable 
revealed a less significant negative-linear relationship with G. ruber ρA (p < 0.05), with 
no significant relationship between G. sacculifer ρA and [PO4
3-] (Figure 5c,d).  
Additionally, SLR using [CO3





3-] concentrations individually as the response variables yielded significant 
bivariate correlation amongst these variables, with the exception of G. sacculifer [PO4
3-] 
and [CO3
2-] (Table 1.4, Figure 1.5).   Table 1.4 shows the results of the MLR using each 
predictor variable interchangeably as the dependent variable, with the other predictor 
variables serving as the independent variables.  For both species, [CO3
2-] and temperature 
are highly redundant with the other environmental parameters (R2 = 0.86 and 0.82 and R2 
= 0.98 and 0.98 for G. ruber and G. sacculifer, respectively).   MLR using [PO4
3-] as the 
dependent variable and temperature and [CO3
2-] as the independent variables reveal that 
[PO4
3-] is moderately redundant with temperature and [CO3
2-] for both G. ruber and G. 
sacculifer (R2 = 0.44 and 0.26, respectively).  By substituting in a variable we know does 
not share a statistically significant relationship with the predictor variables (i.e. mean 
area, R2 = 0.00, 0.01, 0.04 and R2 = 0.01, 0.01, and 0.05 for G. ruber and G. sacculifer 
[CO3
2-], temperature and [PO4
3-], respectively), we can quantify the specific redundancy 
each predictor variable shares with another (Table 1.4).  This test revealed that G. ruber 
temperature and [PO4
3-] are 81 and 42% redundant with [CO3
2-] and that G. sacculifer 
temperature and [PO4
3-] are 98 and 30% redundant with [CO3
2-]. 
  The tolerance and VIF statistics were less than 0.2 and greater than 5, 
respectively, for both [CO3
2-] and temperature for both species, revealing a strong case 





2-]) revealed no collinearity with 
[CO3
2-].  For both species, the tolerance and VIF diagnostics for [PO4
3-] did not indicate a 
strong case for collinearity with the other predictor variables.  However, due its 
redundancy with the other predictor variables (Table 1.4), [PO4





2-] or temperature in the subsequent HMR analyses.  These results 
suggest that [CO3
2-] and temperature, particularly with the G. sacculifer data, are nearly 
indistinguishable from one another in regression analyses.  
Based on the results of these statistical analyses, we hypothesize that the 
relationships exhibited between one predictor variable and ρA could be due to its strong 
collinearity with another predictor variable that serves as the dominant predictor for ρA.   
This hypothesis is graphically represented in Figure 1.5.  Figures 1.5a and b show the 
relationships between temperature and ρA and temperature and [CO3
2-] for G. ruber (left) 
and G. sacculifer (right), while Figure 1.5c and 1.5d illustrates the same relationships for 
[PO4
3-].  The slopes of the best-fit lines illustrated in each graph cannot be directly 
compared as they are on different scales.  However, the correlation coefficients (R) for 
both species are similar in all cases, suggesting that the relationship between ρA and 
temperature or [PO4
3-] could be due to that variables collinearity with [CO3
2-].  
Four HMR models were run in order to determine the relative contributions of 
each predictor variable to ρA.  The means, standard deviations, and number of data points 
(n) for each variable used in the HMR models are included in Table 1.6.  The R2, the R2 
change (ΔR2), the significance of the ΔR2 (p ΔR2), and the standardized coefficient (β) for 
each model are listed in Table 1.3.  The first model uses results from prior studies 
examining the dominant control variable on foraminiferal calcification [Barker and 
Elderfield, 2002; Naik et al., 2010; Manno et al., 2012] to determine the ordering of 
predictor variables for HMR, with [CO3
2-], and the residuals of calcification temperature 
and [PO4





serve as X1, X2, and X3, respectively.  The R





accounts for 89 and 86% of the variability seen in ρA for G. ruber and G. sacculifer, 




2-] were insignificant, with each accounting for  ~ 0-2% of the 
variability in ρA once [CO3
2-] was controlled for in the model.  Significantly larger β –
values for [CO3
2-] relative to those for TCres, [CO3
2-] and [PO4
3-]res, [CO3
2-] are indicate of 
a strong dominance of  [CO3
2-] for predicting variability in ρA.  
The other three models were performed on both species to test if [CO3
2-] still 
played a significant role in predicting ρA when placed second or third in the ordering of 
predictor variables.  For the G. ruber data, the addition of [CO3
2-] as X2 and X3 in models 
2 and 4 following the addition of temperature generated a significant contribution to the 
R2 of the model, while the addition of temperature as X2 and X3 following the addition of 
[CO3
2-] in models 1 and 3 did not contribute significantly to the R2 of the model.   
However, the ordering of temperature and [CO3
2-] in models 1-4 for G. sacculifer did not 
make a significant difference in the model output.  This is likely a result of the strong – 
nearly perfect – collinearity that exists between G. sacculifer [CO3
2-] and temperature 
(Tables 1.2 and 1.3), thus making them indistinguishable during HMR.   The predictor 
variables for G. ruber are slightly less collinear, and thus provide us with better estimates 
of the relative contributions of [CO3
2-] and temperature to the variability in ρA. Taken 
together with the knowledge that G. ruber temperature and [CO3
2-] are 81% redundant, 
these results indicate that [CO3
2-] is the dominant factor controlling ρA and that model 1 
most accurately reflects the relative contributions of each predictor variable.   Based on 
this model we cannot say with any confidence that either calcification temperature or 
[PO4




calcification efficiency. We conclude that [CO3
2-] alone acts as an excellent predictor for 
both G. ruber and G. sacculifer ρA and the SLR equations reported in Table 1.4 
(equations 7, 8, 13, 14), serve as reliable calibration equations.   
The ρA of G. ruber (pink; 355-650 μm) ranged from 1.04 to 1.31 × 10
-4 μg/μm2 
over the 3-year study period with an average of 1.18 × 10-4 μg/ μm2, yielding a strong 
positive linear relationship with [CO3
2-] (R2 = 0.89, p < 0.001, 3a).  Globigerinoides 
sacculifer (425-850 μm) ρA ranged from 1.45 to 1.81 × 10
-4 μg/ μm2 with an average of 
1.62 × 10-4 μg/ μm2 and also correlated strongly with ambient [CO3
2-] (R2 = 0.86, p < 
0.001, Figure 1.3a).  The relationships between foraminiferal ρA and [CO3
2-] reported in 
Table 1.4 are in line with the results of prior studies reporting an adverse effect of 
reduced [CO3
2-] associated with ocean acidification on the calcification of planktonic 
foraminfera [Spero et al., 1997; Bijma et al., 1999, Barker and Elderfield, 2002; Russell 
et al., 2004; Mekik and Raterink, 2008; Moy et al. 2009; Lombard et al., 2010; Manno et 
al., 2012].  
The slopes and y-intercepts for G. ruber reported for this study (Table 1.4) reveal 
a more sensitive relationship with [CO3
2-] than those for G. sacculifer, with a 200 to 300 
μm/kg change in [CO3
2-] (%Δ[CO3
2-]200-300) resulting in a change in ρA of 44% for G. 
ruber and 27% for G. sacculifer (Table 1.1).  It has been well documented that different 
species of planktonic foraminifera undergo varying degrees of isotopic fractionation and 
elemental incorporation during the calcification process due to various vital effects 
associated with calcification [Erez, 1978; Spero, 1992; Wolf-Gladrow et al., 1999; Zeebe 
et al., 2008; Henehan et al., 2013].  Though the ρA for G. ruber and G. sacculifer reflects 
changes in ambient seawater [CO3
2-], the [CO3




amongst species due to differences in both foraminiferal and symbiont vital effects 
[calcification, photosynthesis, respiration; Jorgensen et al., 1985; Rink et al., 1998; Wolf-
Gladrow et al., 1999; Bentov et al., 2009].    Thus, when using ρA or any other measure 
of shell weight as a proxy for past surface-ocean [CO3
2-], it is necessary to use species-
specific equations like those provided in this study.  
An additional consideration for the use of foraminiferal ρA as a proxy for [CO3
2-] 
is the extent to which foraminifera are preserved in marine sediment samples [Barker et 
al., 2004; Gibbs et al., 2010].  The dissolution of planktonic foraminiferal calcite due to a 
low [CO3
2-] at depth would result in lower foraminiferal ρA and complicate the use of ρA 
as a proxy for surface-ocean [CO3
2-].  Conversely, the addition of secondary calcite 
would increase the shell thickness and hence the ρA of foraminifera.  Thus, foraminiferal 
specimens should be collected from well above the lysocline for the study region and 
thoroughly examined for signs of dissolution and/or the precipitation of secondary calcite 
prior to being used for ρA- [CO3
2-] reconstructions. 
 
1.5.5 COMPARISON TO PREVIOUS STUDIES 
Foraminiferal ρA cannot be directly compared to previous studies that investigated 
the relationship between foraminiferal calcification efficiency using SNW, shell thickness 
measurements or calculations, or calcification rates as the units are not the same (Table 
1.1).  Additionally, this study differs from most other field studies in that we use  [CO3
2-] 
at the predicted depth of calcification rather than surface water [CO3
2-] to generate of our 




examining the change in each proxy resulting from a 200 to 300 μm/kg change in [CO3
2-
].   These changes in calcification were determined using regression equations reported in 
the respective studies or regression equations derived from digitized figures (Table 1.1).  
For studies that did not include [CO3
2-] values, the %Δ reported in Table 1.1 represent 
either a reported %Δ in the study [Spero et al., 1997], or a change in SBW observed over 
the course of a geologic period characterized by significant changes in surface water 
[CO3
2-] [Moy et al., 2009; de Moel et al., 2009; Naik et al., 2010].  %Δ[CO3
2-]200-300 
varies widely depending on the species studied and the proxies used.  The average 
%Δ[CO3
2-]200-300 reported for G. sacculifer is 32% (Table 1.1), which is close to the 
%Δ[CO3
2-]200-300  reported for this species in this study (27%), though this percentage was 
derived from both culture and core studies that vary widely in the range in [CO3
2-] and 
methods for determining calcification.  The %Δ[CO3
2-]200-300 for G. sacculifer reported in 
this study is most similar to the percent change in G. sacculifer SBW reported in a core 
study spanning 25,000 yrs BP to 1,000 yrs BP [Naik et al., 2010].   
The results from Beer et al., [2010a] are highly inconsistent with the results for G. 
ruber (pink) presented here, with Beer et al., [2010a] reporting a negative correlation 
between G. ruber (white) MBW and [CO3
2-] collected from the Arabian Sea.  Recent 
studies have distinguished between five different genetic types for the white variety of G. 
ruber [Aurahs et al., 2011], characterized broadly by two distinct morphotypes:  sensu 
stricto (s.s.) and sensu lato [s.l.; Wang, 2000].  These morphotypes have different depth 
habitats and temperature preferences and thus paleoceanographic and paleoclimatic 
studies should distinguish between them [Hecht and Savin, 1972; Wang, 2000; 




calcification habitat, as well as the evident difference in shell geometry (s.l. is more 
heavily calcified than s.s.; Durrant, J. and M. Henehan, unpublished data), would likely 
result in a significant differences in the MBW for the two G. ruber (white) morphotypes.  
The differences between the results from Beer et al., [2010a] and the results from other 
SNW studies also using G. ruber (white) collected from the Arabian Sea [de Moel et al., 
2009; Naik et al., 2010] may be due to Beer et al., [2010a] not distinguishing between the 
two morphotypes which we know to be present in this region [de Moel et al., 2009; 
Aurahs et al., 2011], and whose relative abundances may have changed as sampling 
traversed upwelling and non-upwelling waters.  The use of G. ruber (pink) in the current 
study and G. ruber (white) of an undetermined morphotype by Beer et al., [2010a] make 
comparisons difficult between the two studies.  Our results are closest to those reported in 
de Moel et al., [2009], who used the SBW of G. ruber (white; both morphotypes in equal 
distributions amongst samples), but had a much narrower range in [CO3
2-] compared to 
the current study.  As this is the first study reporting on the effect of [CO3
2-] on the 
calcification in the pink variety of G. ruber, we can only state that the %Δ[CO3
2-]200-300  
reported here (44%) falls within the range of most percent changes reported in studies 
using other species (5 to 155%, with the majority between 5 and 50%). Thus, our results 
for the magnitude of change in ρA per unit change in [CO3
2-] for both G. ruber and G. 
sacculifer are comparable to those changes previously reported in foraminiferal 
calcification- [CO3







The results of this study suggest that surface [CO3
2-] is responsible for 89 and 
86% of the variability in ρA for both G. ruber (pink) and G. sacculifer, respectively, and 
by extension calcification efficiency, with no significant evidence that temperature or 
[PO4
3-] contribute to ρA in these species.  Thus, the ρA of G. ruber and G. sacculifer 
should serve as a reliable proxy for past [CO3
2-] using the species-specific equations 
reported in Table 1.4.  It is recommended that only well-preserved foraminiferal shells 
with an absence of secondary calcite be used in down-core ρA reconstructions of past 
[CO3
2-].  The ρA technique described in this study should be particularly useful for down-





Table 1.1 Compilation of known studies assessing the relationship between planktonic 






Table 1.2 MLR assessing the collinearity amongst predictor variables [CO3
2-], 
temperature (TC), [PO4









Table 1.3 Collinearity diagnostics Tolerance and VIF resulting from MLR with predictor variables [CO3
2-], temperature and [PO4
3-] 




Tolerances less than 0.2 and 
b




























Figure 1.1 Bathymetric map of the Cariaco Basin showing the location of the sediment 











Figure 1.3  [CO3
2-] - ρA relationships for both G. ruber and G. sacculifer for size fractions 
(a) 355-650 and 425-850 μm (b) 355-500 and 425-650 μm and (c) 500-650 and 650-850 
μm.  Error bars represent the ρA multiplied by the reciprocal of the number of individuals 
in each sample populations.  Samples with n > 2 were included for (b) and (c) in order to 







Figure 1.4 Contour plots of a) temperature and b) [CO3
2-] from March, 2005 through October, 2008 in the Cariaco Basin for the upper 
160 m of the water column.  Calcification depths, estimated from δ18O-derived calcification temperatures, are shown for G. ruber 
(black circles) and G. sacculifer (blue diamonds).  Also shown are the estimated depth ranges for each sample estimated from the 
instrumental and δ18O-derived calcification temperatures (see auxiliary material for more details).  Optimal growth temperatures for 
both G. ruber (black line) and G. sacculifer (blue line) are also plotted [Mulitza et al., 1998] to compare to the estimated calcification 







Figure 1.5 Temperature - ρA and temperature - [CO3
2-] relationships for G. ruber (a) and G. sacculifer (b).  Also shown are [PO4
3-] - ρA 
and [PO4
3-] - [CO3




MORPHOMETRIC AND STABLE ISOTOPIC DIFFERENTIATION IN ORBULINA 




Morphometric characteristics of Orbulina universa (d’ Orbigny) were used to 
differentiate morphotypes present in sediment trap samples collected from the Cariaco 
Basin, Venezuela.  In particular, wall thickness and weight-area relationships were used 
to separate shells into thin (Mthin) and thick (Mthick) morphotypes.  Mthick (mean thickness 
= 28 μm) comprises 75% of the total O. universa in these samples and has morphometric 
characteristics similar to that of the previously described Type I Caribbean genotype, 
whereas Mthin (mean thickness = 13 μm) is comparable to the Type III Mediterranean 
genotype.  The flux of Mthick increases during periods of upwelling, whereas Mthin fluxes 
shows no systematic relationship with changing hydrographic regimes in the basin.  The 
δ18O and δ13C of Mthick are on average 0.34 ‰ higher and 0.38 ‰ lower, respectively, 
than those of Mthin, suggesting that they calcify their final spherical chamber at different 
depths in the water column and/or differ in their vital effects.  Additionally, the absolute 
offset in the stable isotopic compositions of the two morphotypes varies as a function of 
surface ocean stratification.  During periods of upwelling, the δ18O and δ13C offsets 
between Mthin and Mthick are on average 0.15 and 0.25 
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‰, respectively.  The δ18O and δ13C offsets between the two morphotypes increase to 
0.55 and 0.41‰ during non-upwelling periods.  We attribute the higher δ18O offsets 
during non-upwelling periods to a difference in final chamber calcification depth and the 
combined effects of temperature (δ18O), δ13C DIC (δ13C), irradiance (δ13C) and [CO3
2-] 
(δ18O and δ13C).  These data provide field evidence that thin and thick morphotypes of O. 
universa experience different environmental conditions during the formation of their final 
chamber and, therefore, should not be used together in geochemical analyses for 




The fossil shells of planktonic foraminifera serve as important sedimentary archives for 
studying past climatic and oceanographic conditions.  However, proxy signals preserved 
in foraminiferal shells have been shown to vary significantly between species (Erez, 
1978; Hemleben et al., 1989, Spero, 1998; Spero et al., 2003), with species identifications 
being strongly reliant on morphological concepts (Saito et al., 1981; Tendal 1990).  As a 
result of these interspecies differences, which are generally attributed to vital effects or 
ecological factors such as depth habitat and/or seasonal preferences, species-specific 
proxy calibrations are necessary in order to produce the most reliable estimates of past 
ocean conditions (Hemleben et al., 1989; Spero et al., 1997; Bijma et al., 1998; Bemis et 
al., 2002).  Despite attempts to differentiate between morphologically defined species, the 
paleoceanographic community has long recognized the existence of morphotypes within 
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species of planktonic foraminifera, often finding a large range in morphologies within a 
single population (Kennett, 1976; Be et al., 1983; Deuser et al, 1981; 1987; 1989).   A 
handful of studies report significant stable isotopic and trace metal differences amongst 
the various morphotypes of some species of planktonic foraminifera (Healy-Williams, 
1985; Deuser et al., 1981; 1987; Bijma et al., 1998; Wang et al., 2000; Steinke et al., 
2005; Richey et al., 2012).  However, the significance of morphological variation was not 
apparent until the first genetic studies of foraminifera.  These studies revealed that many 
morphologically defined species are complexes of cryptic genetic variants (Darling et al., 
1996; 1997; 1999; de Vargas et al., 1997; 1999, 2001; Huber et al., 1997; Kucera and 
Darling, 2002; Darling and Wade, 2008).  For example, fifty-four cryptic species have 
been identified among nine modern planktonic foraminiferal morphospecies commonly 
used for paleoceanographic reconstructions (Kucera and Darling, 2002; Darling and 
Wade, 2008; Morard et al., 2013).  Several studies suggest that cryptic species can differ 
in their ecological preferences (Huber et al., 1997; Darling et al., 1999; de Vargas et al., 
1999, 2003; Stewart et al., 2001; Kuroyanagi and Kawahata, 2004; Morard et al., 2009; 
Aurahs et al., 2011; Morard et al., 2013) and emphasize the importance of distinguishing 
between genotypes for paleoceanographic reconstructions (Kucera and Darling, 2002).  
Based on these findings, it is likely that a morphotype/genotype “lumping” approach for 
geochemical, morphometric and distribution analyses introduces a significant amount of 
noise into paleoclimate records.  Thus, the ability to discriminate between these different 
genetic types within sediment samples may greatly enhance the usefulness of various 
planktonic foraminiferal proxies (Darling and Wade, 2008).   
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In some cases, taxonomic “lumping” may be easily revised within the framework 
of the morphospecies concept.  For example, some genetically distinct variants of 
Globigerinodes ruber (Type IIa and Type Pink) can be differentiated easily based on 
differences in chamber morphometrics and pigmentation (Aurah et al., 2011).  Some 
cryptic species, however, are not distinguished from one another based on easily 
identifiable morphological differences (Knowlton, 1993).  Orbulina universa (d’ 
Orbigny), a species commonly used in climate proxy development (Spero and Williams, 
1988; Sanyal et al., 1996; Spero et al., 1997; Bemis et al., 1998; Lea et al, 1999; Ren et 
al., 2012), has three known genetic variants – Caribbean (Type I), Sargasso (Type II) and 
Mediterranean (Type III; Darling et al., 1996; 1997; de Vargas et al., 1997,1999; Morard 
et al., 2009).  Several studies have mapped the geographic distribution of O. universa 
genotypes in the North and South Atlantic, Caribbean Sea, Western Pacific Ocean, 
Southern California Bight and Indian Ocean (Darling et al., 1997a,b, 1997; de Vargas et 
al., 1997,1999; Morard et al., 2009, 2013), and have linked their relative abundances to 
changes in sea surface chlorophyll concentrations (de Vargas et al., 1999).  For example, 
plankton tow samples collected off Puerto Rico and Bermuda revealed the presence of 
both the Caribbean and Sargasso genotypes (de Vargas et al., 1997), which are defined as 
the oligotrophic and extreme oligotrophic genetic varieties of O. universa (de Vargas et 
al., 1999).  Orbulina universa collected from upwelling region in the Atlantic and off the 
coast of California (Catalina Island) have been identified as the Mediteranean cryptic 
species, which is considered the eutrophic variant of O. universa (de Vargas et al., 1999).  
Morard et al. (2009) further documented the presence of all three cryptic species at a 
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Caribbean sampling site (C-Marz 5; 14°01’N, 54°91’W), only 1,200 km NW of the 
Cariaco Basin sediment trap mooring. 
These three cryptic species of O. universa are morphologically very similar, but 
subtle differences in the pore space distribution and shell wall thickness have been used 
to distinguish them under a scanning electron microscope (SEM; Morard et al., 2009).  
However, this is a time consuming process and the identification of the cryptic species in 
this way does not always permit subsequent geochemical analysis of the shells due to 
sample processing for SEM analysis.  The current study presents a framework for the 
identification of morphotypes and potentially cryptic species of O. universa.  Our results 
suggest that there are currently two morphotypes of O. universa (Mthin and Mthick) present 
in the Cariaco Basin that can be separated on the basis of shell morphology.  We also 
present carbon and oxygen isotope data in an attempt to better constrain the ecological 
preferences and final spherical chamber calcification depths of the two morphotypes. 
 
2.2.2 ORBULNA UNIVERSA: LIFE CYCLE, HABITAT PREFERENCES AND MORPHOMETRIC 
VARIABILITY 
Early studies of the habitat preferences and morphological characteristics of O. 
universa treated its morphotypes as ecophenotypic variants, all belonging to the same 
genetic species but exhibiting phenotypic variation under different environmental 
conditions (Hecht et al., 1976; Bé et al., 1973; Colombo and Cita, 1980).   These studies 
defined O. universa as a subtropical to tropical species with a preference for dwelling 
within the photic zone between the surface-mixed layer and shallow thermocline. The 
temperature ranges reported for O. universa differ regionally, but generally fall between 9 
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and 30 °C (Bradshaw, 1959; Tolderlund and Bé, 1971; Bouvier-Soumagnac and 
Duplessy, 1985; Sautter and Thunell, 1991a; Darling and Wade, 2008).  
 During the early portion of its ~1 month life cycle (Hemleben and Bijma, 1994), 
O. universa has a multi-chambered trochospiral form, ornamented with calcite spines that 
serve as a home for a cloud of photosynthetic dinoflagellate symbionts.  During the last 
2-9 days of its life cycle, O. universa precipitates a large, spherical final chamber that 
comprises 90-95% of its total calcite and thickens continuously until gametogenesis 
(Spero et al., 1988; 2015).  During gametogenesis, O. universa retracts its spines and 
adds a thin veneer of calcite that contributes ~ 4-20% to the final shell calcite prior to the 
release of its gametes (Hamilton et al., 2008).  Small and large pores on the final chamber 
serve as pathways for gas exchange and food and symbiont transport into and out of the 
cell protoplasm, respectively (Bé et al., 1980; Spero, 1987; 1988).  Pore distribution is 
established at the time of the final chamber formation (Spero, 1988), and is believed to be 
distinctly different amongst the genetic varieties of O. universa (Morard et al., 2009).   
Size variations in the final spherical chamber of O. universa have been linked to 
changes in calcification temperature (Schmidt et al., 2004; Lombard et al., 2009), 
whereas thickness variations have been associated with changes in the carbonate ion 
concentration ([CO3
2-]) and variations in water column irradiance (related to symbiont 
photosynthesis; Lea et al., 1995; Lombard et al., 2010; Spero et al., 2015).  Porosity 
variations in O. universa specimens have been attributed to changes in oxygen 
concentrations, such that porosity increases as oxygen concentrations decrease (Colombo 
and Cita, 1980).  However, since O. universa lives most of its life cycle within the photic 
zone, which is oversaturated with respect to oxygen, changes in oxygen concentration is 
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an unlikely contributor to porosity variations.  Additionally, the discovery of porosity and 
thickness variations amongst cryptic species of O. universa complicates these earlier 
ecophenotypic concepts (Morard et al., 2009).   
Deuser et al. (1981) and Deuser (1987) were the first to suggest a difference in 
calcification depths for morphotypic variants of O. universa based on sediment trap 
material collected from the Sargasso Sea (32°54’N, 64°15’W).  These studies report the 
presence of thin (5-10 μm) and thick (up to 30 μm) morphotypes of O. universa and find 
that the thick walled variety secretes shells that have up to 0.5 ‰ higher δ18O values than 
the thin-walled variety (Deuser et al., 1981b).  The thin morphotype comprised 65-80% 
of the collected O. universa at this location and was present year-round, though in higher 
abundances during periods of increased stratification.  The thick-walled variety was far 
less abundant (20-35%), and is only present in this region of the North Atlantic during the 
spring when the mixed layer is deep.  Based on oxygen isotopic compositions of pooled 
sediment trap shells and depth-stratified plankton tow samples, Deuser (1981b) 
concluded that the thinner of the two morphotypes calcified at depths between 25-50 m, 
while the thicker morphotype calcified in deeper water.   The thickness variations 
between the two morphotypes were ultimately contributed to the presence or absence of 
gametogenic calcite, though later studies suggest that the O. universa morphotypes from 
these studies may represent different cryptic species (Hamilton et al., 2008).  Deuser et al. 
(1987) also report that the differences between the oxygen isotopic compositions of the 
thick and thin varieties of O. universa is minimal during periods when the mixed layer is 




2.2.3 THE CARIACO BASIN OCEAN TIME SERIES 
 
The Cariaco Basin is located on the continental shelf of northern Venezuela 
(Figure 1).  Because of the shallow sills (~130 m) surrounding the basin, the deep waters 
are not well ventilated.  This restricted nature of the basin, combined with seasonally high 
productivity, results in anoxic waters below ~250 m.  The Cariaco Ocean Time Series 
was established in November 1995 and provides a repository of biweekly sediment trap 
samples collected at discrete depths throughout the water column ((10°30′ N and 65°31′ 
W; 150, 230, 410, 800 and 1200 m).   Monthly hydrographic data are also available for 
comparison with sediment trap data. These samples have been used to assess and further 
calibrate a variety of paleoceanographic proxies (Goni et al., 2004; Wejnert et al., 2013; 
Marshall et al., 2013; Turich et al., 2013).   
The physical and chemical characteristics of Cariaco Basin surface waters vary 
seasonally in response to the migration of the Intertropical Convergence Zone (ITCZ).  
When the ITCZ is in its most northerly position (August-October), temperatures and pH 
are high and salinity and nutrient concentrations are low in the surface waters (Figure 2).   
As the ITCZ shifts further south during boreal winter and early spring, the basin is 
exposed to strong easterly trade winds that result in Ekman-induced upwelling (Astor et 
al., 2013).  This results in lower temperatures and pH and higher salinities and nutrient 
concentrations in the surface waters.  The dynamic nature of the basin allows us to 
observe a wide range of hydrographic conditions and assess their impact on the 





2.3.1 SEDIMENT TRAP AND WATER PROPERTY COLLECTIONS 
Biweekly sediment trap samples collected between August 2005 and July 2008 
from the trap moored at 410 m depth were used in this study.  The foraminifera were 
separated from a quarter split of each sample cup using the settling method presented in 
Bé (1959).  The samples were then wet sieved (>125 μm) and washed prior to being 
examined under a stereo binocular microscope.   All O. universa specimens within the 
quarter split were wet picked and counted.  The number of specimens in each sample 
ranged from 13 to 56, with an average of 33.  The fluxes of each morphotype were 
calculated using the following equation: 
 
                                          Flux (n/m/day) = 4n/(0.5 m)/days           (1) 
 
where n is the number of a given morphotype in a quarter split of each sample 
population,  0.5 m is the cross-sectional area of the sediment trap and days is the duration 
of the collection period (7-14 days; Tedesco et al., 2003).   
Monthly temperature, salinity, oxygen, pH, chlorophyll and nutrient 
concentrations measured at the sediment trap mooring location were compared to the 
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morphotype fluxes, oxygen isotope-derived calcification temperatures, and morphometric 
characteristics of the O. universa specimens.  Irradiance measurements for the upper 75 
m of the water column are also available for select samples throughout the study period 
(Lorenzoni et al., 2011).  Temperature and salinity measurements were used to establish 
mean calcification depths of the final sphere for each morphotype (this procedure is 
described in section 2.5).  A comprehensive listing of the monthly hydrographic data for 
the entire Cariaco Basin time series can be found at http://www.imars.usf.edu/CAR.  
Because the vast majority (90-95%) of O. universa sphere calcite is produced during the 
last 2-9 days of its life cycle (Spero et al., 2015) and considering a 1 to 2-day settling 
period to reach the trap depth of 410 m (sinking speed = 300 m/day; Takahashi and Bé, 
1984), the foraminifera collected in the biweekly sediment traps could have calcified 
from 8 days prior to 11 days after the time the trap opened for collection. To account for 
this, we paired the sediment trap samples with hydrographic data that fell closest to or 
within this time range when possible. The dates for the beginning of each sediment trap 
collection period, the paired date of hydrographic data collection, and the values for the 
surface ocean hydrographic measurements (upper 100 m average) are reported in Table 1. 
We use the coastal upwelling index (M; m3/s), estimated based on the cross-shore 
Ekman transport per 100 m of coastline, to identify periods of upwelling and non-
upwelling throughout the study period (Astor et al., 2013): 
 




where M is the meridonal Ekman transport, τx is the zonal wind stress derived from 
nearby meteorological stations and f is the Coriolis parameter.  The monthly upwelling 
index anomaly is then calculated by dividing M by the average M for the entire time 
series (Jan. 1996 – Nov. 2011), with a negative anomaly representing periods of 
enhanced upwelling.  Here, we define an upwelling period as an upwelling index 
anomaly ≤ 0. 
2.3.2 FORAMINIFERAL MORPHOMETRIC CALCULATIONS 
Individual foraminifera (n = 13-56 per sample) were weighed on a high-precision 
Mettler Toledo microbalance (±0.43 ug) and photographed using an inverted microscope 
equipped with a Canon Rebel XSI.  The photographs were then uploaded into the 
microscopic imaging program Macnification 2.0 for diameter and silhouette area 
analysis.  Calibrations for the silhouette area and diameter measurements were performed 
using a microscale image taken at the same magnification as the foraminiferal images 
(50x).  The area densities (ρA) of individual O. universa were calculated using the 
methods presented in Marshall et al. (2013), where   
 
                   ρA (μg/μm
2)  =  weight/silhouette area                                  (3) 
 
The mean area densities (ρA) for each sediment trap sample were calculated by averaging 
the ρA of all O. universa specimens in a given sample.  A total of 494 O. universa 
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specimens were measured for weight, silhouette area, diameter, and area density in this 
study. 
 
2.3.3 ORBULINA UNIVERSA MORPHOTYPE DISTINCTION 
The area densities of individuals were used to create groupings of O. universa 
morphotypes for each of the 15 sediment trap samples.  Examples of this method applied 
to two of the samples (20-8 and 23-4) are shown in Figure 3a and 3b.  The area densities 
for all samples are shown in Figure 3c.  As the groupings were created, the weights and 
areas of each group exhibited distinct positive linear relationships (Figure 3d-e), 
providing a secondary means of distinguishing O. universa morphotypes.  The 
morphotype-specific weight-area relationships for all samples are shown in Figure 3f.  
All but one sample exhibited two distinct morphotype groupings, a thin morphotype 
(Mthin) and a relatively thick morphotype (Mthick).  For the sample containing a single 
morphotype (21-3), we compare the mean weight, area and area density to the ranges 
exhibited by each morphotype and are able to easily classify this group as Mthick (Figures 
3c and 3f).   
 
2.3.4 SEM ANALYSIS 
Orbulina universa individuals from two of the samples (20-7 and 22-7; n = 42) used in 
the morphometric analysis were also examined on a Tescan Vega 3 SBU variable 
pressure scanning electron microscope (SEM).  The O. universa shells were gently 
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broken, adhered to carbon tape and gold sputter-coated to prevent charging of the 
specimen during imaging.  Porosity measurements were made on these specimens by 
gathering images normal to the inner shell wall in order to minimize optical distortion of 
the pores (Be et al., 1973; Spero et al., 1988).  The outer edges of each individual were 
used to measure shell thickness.  Images were uploaded into the microscopic imaging 
program Macnification 2.0 to characterize porosity and thickness variations between the 
two morphotypes.  Porosities were calculated within the maximum region of the inner 
shell determined to be at a normal angle to the center of the shell.  Small and large pores 
were manually marked and their areas summed.  Small, large and total pore areas were 
divided by the total area of the surveyed region and multiplied by 100 to calculate 
porosity.  
SEM-measured thicknesses were averaged from 5 measurements taken at random along 
the shell edge.  We use the relationships between the area densities and measured 
thicknesses of samples 20-7 and 22-7 to derive morphotype-specific equations for 
estimating the thicknesses of Mthin and Mthick (Tables 2, Figure 4a and b).  These 
equations were used to calculate thickness for all specimens examined in this study.  The 
porosities and calculated thicknesses were used to characterize the morphotypes and 
compare them to the previously published porosity and thickness measurements for the 
three known cryptic species of O. universa (Morard et al, 2009).  We also use the SEM 
images to assess whether or not the specimens had undergone gametogenic  
calcification, defined by the presence or absence of a gametogenic calcite layer on spine 
bases (Table 2). 
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2.3.5 ESTIMATED CALCIFICATION DEPTH AND TEMPERATURE 
 Following the morphometric analyses, groupings of one to eight O. universa 
shells from each morphotype (diameter > 500 μm) were analyzed for oxygen and carbon 
isotopes using a GV IsoPrime stable isotope ratio mass spectrometer (long-term standard 
reproducibility is ± 0.06 ‰ for δ13C and 0.07 ‰ for δ18O).  The isotopic values are 
reported relative to Vienna Pee Dee Belemnite (V-PDB).   Calcification temperatures 
were estimated from the oxygen isotopic compositions of O. universa using the following 
species-specific equation developed by Bemis et al. (1998): 
 
T (°C)  = 16.5 - 4.80 (δc – (δw-0.27))                                                                                (4) 
 
where δc is the δ
18O of the foraminiferal calcite and δw is the δ
18O of the calcifying waters 
which are scaled from SMOW to PDB by subtracting 0.27 ‰.   Here, we use the low 
light (LL) equation because the optimal light level for O. universa (Pmax = 386 μEinst m
-2 
s-1; Spero et al., 1999) generally occurs within the upper 20 m of the water column in the 
Cariaco Basin and declines rapidly thereafter (Lorenzoni et al., 2011).  δw was estimated 
using the δ18O - salinity relationship for Cariaco Basin (McConnell et al., 2009): 
 
δw = 0.34 (±0.09) × (salinity) – 11.5 (±3.4)              (5) 
 
The calculated calcification temperatures were then compared to measured temperatures 
in order to determine the average calcification depth of the final chamber.  Additional 
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measured and calculated hydrographic parameters (i.e., salinity, pH, alkalinity, [CO3
2-], 
water density, oxygen, nutrient, irradiance and chlorophyll concentrations) at the 
estimated calcification depth were then used to define the environment of the two O. 
universa morphotypes during the final 2-9 days of calcification.  Carbonate ion 
concentration ([CO3
2-]) was calculated using alkalinity, pH, salinity, temperature and 
nutrient concentrations and CO2SYS.xls (Pelletier et al. 2007, version 16). The isotopic 
measurements were restricted to the greater than 500 μm size fraction, with a range of 
540 to 665 μm in an effort to isolate any effect of size on δ18O and δ13C (Bouvier-
Soumagnac and Duplessy, 1985; Elderfield et al., 2002; and Friedrich et al., 2012). 
 
2.4 RESULTS 
2.4.1 BIOMETRIC CHARACTERISTICS 
We find two biometrically distinct O. universa morphotypes in the Cariaco 
sediment trap samples, which are easily differentiated by thin (Mthin) and thick (Mthick) 
shell walls.  All of the morphometric data is summarized in Table 3. The mean silhouette 
areas of the Mthin and Mthick are 2.64 (±0.54) and 2.75 (± 0.63) x 10
5 μm2, respectively, 
and are not significantly different (paired comparison T-test; p = 0.330, t = -1.01).   
Measured diameters were also similar for the two morphotypes, ranging between 330 and 
688 μm for Mthin  (mean = 570 μm) and 330-715μm for Mthick (mean = 585 μm; p = 0.284, 
t = -1.12).  In contrast, the mean weights for the two morphotypes are significantly 
different from one another, with a mean weight of 32 (±10; range = 4 - 66) μg for Mthin 
and 59 (±13, range = 17-110) μg for Mthick (p = 0.000, t = -8.94).   
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 Because the two morphotypes exhibit similar mean sizes, the weight differences 
must be a result of a difference in shell thickness.  Indeed, significant differences in the 
mean area densities (Mthin = 1.16 (± 0.22) x 10
4 μg/μm2, Mthick = 2.13 (± 0.28) x 10
4 
μg/μm2) and calculated thicknesses (Mthin = 13
 (±2; range = 6-22) μm, Mthick = 28 (±4; 
range = 19-41) μm) of the two morphotypes indicate that Mthick is characterized by a 
thicker shell wall (p = 0.000, t = -13.16 for area density; p = 0.000, t = -17.56 for 
thickness).  The SEM measured shell thickness and porosity values for sediment trap 
samples 20-7 and 22-7 can be found in Table 2.  Sample images of both morphotypes, 
including those of the pores and shell edges, are presented in Figure 5.  Examination of 
shell wall images revealed that pre-gametogenic individuals are present in both 
morphotype groups, being only slightly more abundant for Mthin than Mthick (38% vs. 
23%, respectfully; Table 2).  The SEM measured and calculated thicknesses agree on 
average within 0.1 μm (Table 2, n = 40), indicating that the ρA- thickness equations for 
the two morphotypes are effective at estimating O. universa shell thickness (Table 2).  
The imaged Mthin specimens have an average porosity of 8% (±1; range = 6-10 %, n = 
11), while Mthick specimens have an average porosity of 15% (±2.5; range = 11-20 %, n = 
28) and differ significantly from one another (p = 0.000, t = -8.750).  Relative to Mthin, 
Mthick is characterized by higher average small (8.4% vs. 5.7%) and large porosities 
(14.6% vs. 8.4%; Figure 6).  The two morphotypes exhibit a similar range in small 
porosities (Mthin = 3.0 - 8.9%; Mthick = 4.8 - 12.0%), thus, the majority of the porosity 
differences between the two morphotypes can be attributed to differences in large 




2.4.2 ACCURACY OF METHOD 
Unlike thickness, which increases continually for O. universa after the final 
spherical chamber has been secreted (Spero et al., 2015), pore distribution remains 
constant once the final chamber has been fully formed (Spero, 1998).    Though the 
apparent porosity would be greater on the outer surface of thicker shells as pore walls 
angle outwards toward the surface of the shell (Spero et al., 1998), porosity 
measurements on the inner shell wall are representative of the pore distribution at the 
time of final chamber calcification.  If we assume that inner shell porosity is the most 
defining and constant morphometric parameter for distinguishing between genotypes in a 
given region (Morard et al., 2009), we can use the porosity measurements for samples 20-
7 and 22-7 to determine the accuracy of the morphometric method presented in this study 
for identifying morphotypes of O. universa.  Morard et al., (2009) report porosities 
ranging from 12-30% and 6-10% for the Caribbean and Mediterranean cryptic species 
collected from the C-MarZ sites, respectively.  If we divide the porosity measurements 
for samples 20-7 and 22-7 (Table 2) into these ranges, we find that approximately 85% of 
Mthin and 77% of Mthick are associated with a single porosity range.  Specifically, the large 
majority of Mthin is associated with the lower porosity range (6-10%), while Mthick is 
largely associated with the higher porosity range (11-20%).  We suspect that the main 
cause for the misidentification of O. universa Mthick as Mthin is the absence of 
gametogenic calcite in Mthick, which would affect both the area density and weight-area 
relationships of a specimen.  Indeed, we find that more than 50% of the misidentified 
Mthick specimens had not undergone gametogenic calcification based on the SEM images 
of the shell wall (Table 2).  The two Mthin specimens misidentified as Mthick have 
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anomalously thick test walls as compared to those observed from the other Mthin 
specimens.   In summary, the morphometric methods presented in this study identified 
the correct morphotype for ~ 80% of the O. universa specimens, with the majority of 
misidentifications attributed to the absence of gametogenic calcite in Mthick group. 
Compared to earlier geometric methods for calculating shell thickness in O. 
universa (see Billups and Spero, 1995 for method description), we find that the ρA 
method presented in this study is more effective at accurately estimating shell thickness, 
particularly for thicker shells (Figure 4c).  This may be due to the necessity to apply a 
porosity correction to geometrically calculated thickness, which is a morphometric trait 
that varies amongst the morphotypes and cryptic species (Morard et al., 2009; this study).  
Though we applied porosity corrections using the average porosities for each morphotype 
(Mthin = 8%, Mthick = 15%), we found that the geometrically determined thicknesses 
increasingly underestimated measured thicknesses as shell thickness increased.   
 
2.4.3 SEASONAL CHANGES IN MORPHOTYPE ABUNDANCES 
The abundances and fluxes of Mthin and Mthick are listed in Table 1.  Mthick is the 
more abundant of the two morphotypes, comprising on average 75% of the total O. 
universa specimens in the sediment trap samples.   When comparing the fluxes of Mthin 
and Mthick to the time-equivalent monthly averaged upwelling index (Astor et al., 2013), 
we find that the fluxes of Mthick are higher during upwelling periods (mean upwelling flux 
= 17 shells/m/day, mean non-upwelling flux = 9 shells/m/day; Figure 7).   In contrast, 
there is no difference in flux for Mthin between upwelling and non-upwelling periods 
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(mean flux upwelling = 5 shells/m/day, mean flux non-upwelling = 5 shells/m/day).  
However, we observe the lowest fluxes in Mthin during peak upwelling periods (Samples 
21-3 (0 shells/m/day) and 23-1 (2 shells/m/day)).  
 
2.4.4 OXYGEN AND CARBON ISOTOPES 
The bulk (average of both morphotypes) and morphotype-specific oxygen and carbon 
isotopic data for O. universa are listed in Table 4.  The sample means presented in Table 
4 are weighted based on the number of individuals per sample analysis in order to give 
more weight to those samples containing more O. universa individuals.  A paired 
comparison T-test revealed that for both carbon and oxygen isotopes, the differences 
between Mthin and Mthick are highly significant (t = 4.390, p =0.001 and t = -5.294, p = 
0.000 for δ13C and δ18O, respectively).  The δ18O and δ13C of Mthick are on average 0.34 
‰ higher and 0.38 ‰ lower, respectively, than those of Mthin (Figures 8 and 9).  The 
offset in δ18O and δ13C values of Mthin and Mthick is higher during non-upwelling periods 
(δ18O offset = 0.55 ‰; δ13C offset = 0.41 ‰) relative to upwelling periods (δ18O offset = 
0.15 ‰; δ13C offset = 0.25 ‰; Figure 10, see discussion section 4.2 for further 
explanation).  
 
2.4.5 FINAL CHAMBER CALCIFICATION DEPTHS AND HYDROGRAPHIC PARAMETERS 
 
The mean δ18O values from each sample were used to calculate calcification temperatures 
for the individual morphotypes using equations 4 and 5 (Table 5).  Mthin and Mthick had 
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average calcification temperatures for the final O. universa chamber of 23.3 and 21.6 °C, 
respectively, which are within the optimal temperature range proposed for O. universa 
(22-28°C; Caron et al., 1987; Lombard et al., 2009).   The two morphotypes have 
distinctly different average depths at which the final spherical chamber calcifies, with 
Mthick calcifying at deeper depths (25-130 m) than Mthin (7-100 m; Figure 2).  
Specifically, Mthick is adding its final chamber in waters characterized by lower 
temperatures (21-23°C), pH (7.85 – 8.01), [O2] (100 - 175 μmol/kg) and chlorophyll 
concentrations (0-750 ng/L).  Final chamber calcification for Mthin occurs at higher 
temperatures (mean = 22-24 °C), pH (mean = 7.93-8.04),  [O2] (100 - 200 μmol/kg), and 
chlorophyll concentrations (60 - 830 ng/L) (Table 5).  Salinities at the estimated 
calcification depths for both morphotypes are very similar and closely correspond with 
the salinity maximum in the basin (36.8).   
The calcification depths for both morphotypes varied throughout the 3-year time 
series, with both calcifying at shallower depths during upwelling periods (Figure 2).  
Differences in the depths of calcification for the two morphotypes tend to be small during 
periods of upwelling, and increase during periods of non-upwelling and enhanced 
stratification.  Temperature, salinity and density (σT) were relatively constant at the depth 
of calcification for both species over the study period (Table 5; Figure 2).  In contrast, 
chlorphyll concentrations were more highly variable at the estimated depths of 
calcification for both morphotypes, but consistently higher for Mthin (mean Chl = 400 vs. 





2.5.1 MORPHOTYPE IDENTIFICATION  
The morphometric methods presented here are effective at differentiating between the O. 
universa genotypes, which are not readily distinguishable under a simple stereo binocular 
microscope.  SEM imaging, while an effective way of distinguishing O. universa 
genotypes (Morard et al., 2009), is destructive to the shell and does not allow for 
subsequent geochemical analysis.   Though we acknowledge that changes in temperature, 
food availability, light intensity and carbonate ion concentration ([CO3
2-]) influence the 
morphometrics of the O. universa final chamber (Bé et al., 1973; Nijma et al., 1992; 
Barker and Elderfield, 2002; Lea et al., 2004; Schmidt et al., 2004; Lombardet al., 2009; 
Lombard et al., 2010; Marshall et al., 2013), it is possible to assign an individual or group 
of individuals to a given morphotype by comparing the mean weight, area and ρA to the 
ranges exhibited by the thick and thin morphotypes (Figure 3c and 3f), as was done using 
sample 21-3.  and carbonate ion concentration ([CO3
2-]) likely influence the 
morphometrics of the O. universa final chamber (Bé et al., 1973; Lea et al., 1995; Barker 
and Elderfield, 2002; Schmidt et al., 2004; Lombard et al., 2009; 2010; Marshall et al., 
2013), this does not appear to inhibit the identification of thin and thick O. universa 
morphotypes using the methods presented in this study.  It is also possible to assign an 
individual or group of individuals to a given morphotype by comparing the mean weight, 
area and ρA to the ranges exhibited by the thick and thin morphotypes (Figure 3c and 3f), 
as was done using sample 21-3.  
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The porosity differences exhibited by the thin and thick morphotypes may be a 
result of ecophenotypic and/or genetic controls (Figure 6).  In foraminifera, small pores 
are used for gas transport, while large pores are used for food and symbiont transport into 
and out of the protoplasm (Bé et al., 1980; Spero, 1987; 1988).  Small and large pore 
distribution is set at the time of final chamber calcification (Table 2; Spero et al., 1988).  
Differences in large porosities between the two morphotypes may be attributed to 
differences in food supply, prey size and/or symbiont density, while differences in 
smaller porosity may be attributed to changes in gas concentrations (e.g. oxygen) in their 
respective final chamber calcification environments.  However, higher large and small 
porosities in Mthick relative to Mthin are inconsistent with some of these ecophenotypic 
concepts.  For example, oxygen concentrations are super saturated and are on average 
within 23 μmol/kg at the calcification depths of the two morphotypes, suggesting that 
small porosities shoud be comparable between the two morphotypes  (Table 5).  Though 
we might expect higher symbiont density for the shallower-dwelling morphotype due to 
higher light levels, chlorophyll concentrations are higher at Mthin estimated calcification 
depths, suggesting a greater food supply for the less porous morphotype (Table 5).  
Porosity differences could also be attributed to genetic differences between the 
two morphotypes (Morard et al., 2009).  Although genetic testing could not be performed 
on the O. universa morphotypes in this study due to the preservation of sediment trap 
samples in formalin, we use the phenotypic characteristics of the three identified cryptic 
species of O. universa (de Vargas et al., 1999; Morard et al., 2009; 2013) to determine 
the genetic variety of the two morphotypes recognized in our study.  Morard et al. (2009) 
report the presence of all three cryptic species of O. universa at the C-MarZ sampling 
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sites in the Carribean Sea, although only two Sargasso specimens were reported for these 
locations.  Due to the high productivity in the Cariaco Basin (Muller-Karger et al., 2001) 
and the fact that the Sargasso cryptic species is only found in great abundances in the 
oligotrophic regions of the world’s oceans (de Vargas et al., 1999), we think it is highly 
unlikely that this cryptic species is present in the Cariaco Basin.  The biometrics of Mthin 
are characteristic of the Mediterranean cryptic species described at the nearby C-MarZ 
sampling site (mean thickness = 6 (±2.5) μm, range = 2-10 μm; mean porosity = 8 (±0.01) 
%, range = 6-10 %), while Mthick is defined by biometrics comparable to those of the 
Caribbean crypic species (mean thickness = 21 (±6.8) μm, range = 5-27 μm; mean 
porosity = 19 (±4) %; range = 12-25%).  Additionally, the temperature (21-27°C; Figure 
2) and chlorophyll concentrations (350 vs. 250 ng/L) in the Cariaco Basin surface waters 
over the study period are optimal for the presence of both species (de Vargas et al., 1999; 
Morard et al., 2009; 2013).  Based on morphometrics and the hydrographic conditions of 
the Cariaco surface waters, we conclude that Mthin and Mthick are the Mediterranean and 
Caribbean cryptic species, respectively. 
 
2.5.2 OXYGEN AND CARBON ISOTOPIC VARIABILITY 
We find that a relationship exists between the offset in δ18O and δ13C values of 
Mthin and Mthick and the relative stratification of the upper water column, inferred from the 
monthly upwelling index anomaly (Figure 10; Astor et al., 2013).  With the exception of 
one sample (δ13C only; 23-1; Table 4), the offset between the δ18O and δ13C of Mthin and 
Mthick covary perfectly with the monthly upwelling index anomaly.  Interestingly, Deuser 
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(1987) reports similar findings stating that the differences between the δ18O of the thin 
and thick morphotypes of O. universa from the Sargasso Sea decreased when the surface 
mixed layer reached depths of 75-100 m.  The cause for the isotopic differences exhibited 
between Mthin and Mthick, as well as the relationship between the isotopic differences and 
surface ocean stratification, can be best explained by a difference in the average final 
chamber calcification depth of the O. universa morphotypes.  As previously reported in 
Billups and Spero (1995), we find no significant relationship between the stable isotopic 
compositions and O. universa shell diameter (Figure 11) and thickness (Figure 12) for 
thin and thick morphotype groups when considered separately, implying that there is no 
size or diameter influence on stable isotopic compositions of individual morphotypes.  
Additionally, the differences in the isotopic compositions of the two morphotypes cannot 
be explained by seasonal differences in occurrence, as both forms are present throughout 
the year.  The δ18O composition of O. universa is primarily a function of temperature in 
the Cariaco Basin as salinity, and thus δ18Ow, is relatively constant (Table 5).  Changes in 
irradiance (Spero et al., 1992) and pH/[CO3
2-] (Spero et al., 1997; Bemis et al., 1998; 
Wolf-Gladrow et al., 1999) may also influence the δ18O compositions of the two 
morphotypes.  However, the combined effect of [CO3
2-] and irradiance is minimal on the 
δ18O of O. universa, with a maximum decrease in δ18O of 0.30 to 0.33 ‰ under high light 
(386 μEinst m-2 s-1) relative to low light scenarios (0 μEinst m-2 s-1; Spero and Williams, 
1988; Spero, 1992) and a decrease in δ18O of 0.14 ‰ for a [CO3
2-] increase of 60 
μmol/kg (maximum offset for the two morphotypes, Table 5).  
In order to better understand how the combination of these effects influence the 
δ18O compositions of our two morphotypes, we developed a conceptual model using the 
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above mentioned parameter depth profiles and average final chamber calcification depths 
for the two morphotypes for an upwelling (sample 21-8; 13a-d) and non-upwelling 
(sample 22-1; 13e-h) period (25 and 35 m for Mthin and 55 and 100 m for Mthick for 
upwelling and non-upwelling periods, respectively; see Table 6 for parameter values and 
calculations and Figure 13 for depth profiles).  In the model, we use equations 4 and 5 to 
determine the expected δ18Ocalcite  at the average depths of final chamber calcification for 
each morphotype during upwelling and non-upwelling periods (Table 5).  In doing so, we 
were able show that modeled δ18Ocalcite offsets between the two morphotypes are minimal 
during periods of upwelling (δ18Ocalcite Mthin-Mthick = -0.05‰) and maximal during 
periods of non-upwelling (δ18Ocalcite Mthin-Mthick = -0.55‰).  This is mostly attributed to 
changes in in situ temperature at the respective calcification depths of the two 
morphotypes.  The effect of irradiance on the δ18O of foraminifera is negligible for the 
measured irradiance values of 1 - 54 μE m-2 s-1 (Spero et al., 1992).  However, increases 
in [CO3
2-] can result in a decrease in δ18O as illustrated in Spero et al. (1997): 
 
δ18O = 1.56 – 0.002 [CO3
2-]                                                                        (6) 
 
Thus, the [CO3
2-] effect contributes an additional δ18Ocalcite Mthin-Mthick offset of -
0.02 and -0.07 ‰ based on the calculated in-situ [CO3
2-] of the two morphotypes for 
upwelling and non-upwelling periods, respectively.  The total δ18Ocalcite Mthin-Mthick offset 
for upwelling (-0.07 ‰) and non-upwelling periods (-0.62 ‰) are comparable to the 
average offsets observed throughout the study period (-0.15 ‰ for upwelling and -0.54 
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for non-upwelling periods).  Thus, the offsets in δ18O between the two morphotypes can 
be explained by a difference in final chamber calcification depth and the associated 
differences in in-situ temperature and [CO3
2-].   
The same principals can be applied to explain the δ13C differences exhibited by 
Mthin and Mthick by using upwelling/non-upwelling δ
13C DIC profiles that are derived 
using the δ13C DIC- [PO4
3-] relationship from Ortiz et al. (2000): 
 
         δ13C DIC = -0.96 [PO4
3-] + 1.7                                                           (7) 
 
We caution that this equation was derived for the California Current system and 
may not be ideal for the Cariaco Basin, but it is applicable for the purpose of this 
conceptual model.  The δ13C DIC of the surface waters is high due to the preferential 
utilization of 12C during photosynthesis and decreases with depth due to the 
remineralization of organic matter and release of 12C (Figure 13).  Considering only 
changes in δ13C DIC with depth, we estimate a predicted δ13Ccalcite Mthin-Mthick offset of 
0.13 and 0.17 ‰ for upwelling and non-upwelling periods, respectively.  We also 
consider the combined effects of light intensity and [CO3
2-] on the predicted δ13C and 
δ18O offsets for the two morphotypes.  Foraminiferal δ13C is more highly sensitive to 
changes in light intensity and [CO3
2-] than is δ18O, with increases in δ13C as great as 1.1 
to 1.8 ‰ for HL relative to LL conditions and a decrease in δ13C of 0.42 ‰ for a 60 
μmol/kg increase in [CO3
2-] (Spero and Williams, 1988; 1989; Lea et al., 1995; Spero et 
al., 1997).  The irradiance effect is attributed to the preferential uptake of 12C by the 
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symbionts during photosynthesis, producing a 13C-enriched microenvironment for 
foraminiferal calcification (Spero et al., 1999).  For the upwelling scenario (13a-d), the 
irradiance values at 25 and 35 m are 54 and 21 μE m-2 s-1, respectively.  For the non-
upwelling scenario, the irradiance values at 55 and 100 m are 20 and 1.25 μE m-2 s-1, 
respectively.  This would contribute an additional δ13C offset of 0.22 and 0.52 ‰ 
between Mthin and Mthick for upwelling and non-upwelling periods, respectively, based on 
the culture calibrations of Spero and Williams (1988): 
 
δ13C = 1.50 x I0.106                                                                                        (8) 
 
 The carbonate ion effect would result in an additional -0.05 and -0.22 ‰ offset in 
δ13C values for Mthin relative Mthick for upwelling and non-upwelling periods, 
respectively, based on the culture calibration of Spero et al., 1997: 
 
δ13C = 3.56 – 0.006 [CO3
2-]                                                                         (9) 
 
As they have an opposing influence on δ13C calcite, the [CO3
2-] effect mutes the 
strong influence of the irradiance effect on δ13C calcite.  Thus, the model predicts a 
δ13Ccalcite Mthin-Mthick offset of 0.30 and 0.47 ‰ for upwelling non-upwelling periods, 
respectively, due to the combined influence of δ13C DIC, irradiance and [CO3
2-].  These 
predicted offsets are comparable to the average observed offsets throughout the study 
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period of 0.25 and 0.41 ‰ for upwelling non-upwelling periods, respectively.  Thus, 
elevated δ13C in the shallower-dwelling Mthin relative to the deeper-dwelling Mthick, 
particularly during non-upwelling periods, may be due in large part to elevated symbiont 
photosynthesis during periods when Mthin is calcifying in higher light levels than Mthick, 
with additional contributions due to differences in in-situ δ13C DIC and [CO3
2-]. 
Another possible explanation for the stable isotopic differences between the two 
O. universa morphotypes is a difference in vital effects, assuming that the two 
morphotypes represent the Caribbean and Mediterranean cryptic species of O. universa.  
Vital effects is a term used to collectively describe differences in the geochemical 
compositions between species due to life processes (Spero et al. 1991; Zeebe et al., 
2008).  Just as there is a need to establish species-specific equations for various climate 
proxies (Wefer and Berger, 1991; Spero 1998), it is likely that species-specific 
calibrations based on revised genetic taxonomies will be required as cryptic species 
continue to be identified.  A preliminary study was conducted using cultured O. universa 
specimens collected from Catalina Island, California and Puerto Rico (H. Spero, pers. 
communication). This study collected juvenile O. universa from the upper 3-5 m of the 
water column in both locations and cultured the foraminifera at temperatures ranging 
from 9-29°C.  Only a single cryptic species of O. universa has been identified in the 
California Current System (Mediterranean (Type III; Kucera and Darling, 2002) and the 
Caribbean cryptic species (Type I) has been identified in Puerto Rico (de Vargas et al., 
1999).  The results reveal that no systematic offset in the δ18O-temperature relationship 
exists between the O. universa specimens collected off Puerto Rico and Catalina Island.  
Though no genetic testing was performed to verify the genotypes of the cultured O. 
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universa, this study suggests that there is no difference in the vital effects of the cultured 
O. universa from the two different regions.  Thus, the most likely explanation for the 
isotopic difference exhibited by the two morphotypes in the present study is that they 
differ in the average depths at which they calcify their final spherical chambers, as 
discussed earlier in this section.  
 
2.5.3 IMPLICATIONS FOR EXISTING O. UNIVERSA CALIBRATION EQUATIONS 
As previously mentioned, the estimated final chamber calcification depths for the two 
morphotypes identified in this study are characterized by an ~ 2°C temperature offset. 
These differences represent ~ half of the sea surface temperature change from the Last 
Glacial Maximum to the Holocene in the Caribbean (Schmidt et al., 2004; Foster et al., 
2008).  Because the isotopic offsets between the two morphotypes vary with the degree 
of surface ocean stratification, these differences may be muted in regions defined by a 
deep surface mixed layer.  Conversely, larger isotopic offsets may exist between depth-
stratified O. universa morphotypes/cryptic species in regions defined by a more highly 
stratified surface ocean.  The results of this study provide evidence that morphotypes of 
O. universa, though similar in their basic phenotypic expression, differ in their 
geochemical makeup and preferred calcification environments.  Thus, it is important to 







Using morphometric measurements, we identify two distinct morphotypes of O. 
universa collected from sediment trap samples in the Cariaco Basin, Venezuela.  We are 
unable to definitively assign each morphotype to a previously defined genotype (de 
Vargas et al., 1999) due to the use of formalin solution to preserve the sediment trap 
samples.  However, using porosity and thickness measurements, as well as previously 
established ecological preferences (de Vargas et al., 1999; Morard et al., 2009), we 
conclude that the two morphotypes identified in this study represent the Caribbean and 
Mediterranean cryptic species of O. universa.  The thin morphotype is defined by 0.34 ‰ 
higher and 0.38 ‰ lower average δ13C and δ18O values, respectively, than the thick 
morphotype, suggesting that they calcify their final chambers at different depths within 
the water column.  The average estimated final chamber calcification depth offset of ~ 20 
m results in an average calcification temperature offset of ~ 2°C.  The absolute offsets 
between O. universa morphotype δ13C and δ18O values increase/decrease during periods 
of non-upwelling/upwelling in the Cariaco Basin due to changes in the depth gradients of 
temperature, δ13C DIC, irradiance and [CO3
2-].  The relationship between the magnitude 
of morphotype δ13C and δ18O offset and surface ocean stratification suggests that the 
isotopic offsets between morphotypes may vary regionally depending on the depth of the 
mixed layer.  These data provide evidence that O. universa morphotypes differ in their 
calcification environment and that the lumping of these morphotypes for geochemical 
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analysis should be avoided as it may cause a significant amount of scatter in 
paleoreconstructions. We recommend further research involving the genetic and 
subsequent geochemical analysis of O. universa collected from depth-stratified plankton 
tow samples to further explore the presence and geochemical differences amongst O. 































Table 2.4 Oxygen and carbon isotopic compositions for Mthin and Mthick.  All means are 






Table 2.5 Sample depths and hydrographic data for Mthin and Mthick.  Grey shaded regions indicate upwelling periods.  All parameters 












Figure 2.1 Bathymetric map of the Cariaco Basin showing the location of the sediment 







Figure 2.2 Temperature record for the upper 130 m throughout the study period.  Estimated calcification depths of O. universa Mthin 







Figure 2.3 The top plots are O. universa Mthin (blue circles) and Mthick (pink diamonds) area density (ρA) and silhouette area cross plots for sample 
20-8 (a), sample 23-4 (b) and all samples (c).  The bottom plots are silhouette area and weight cross plots for sample 20-8 (d), sample 23-4 (e) and 






Figure 2.4 Area density (ρA) and measured thickness relationships for Mthin (a; blue circles) and Mthick (b; pink diamonds) from 





Figure 2.5 SEM images of Mthin (a) and Mthick (b) whole specimen. Mthin (c) and Mthick (d) 




















Figure 2.8 Carbon (a) and oxygen (b) isotopic compositions for O. universa Mthin (blue circles) and Mthick (pink diamonds) throughout 
the study period (n =13).  The solid blue and pink lines represent the weighted means of Mthin and Mthick, respectively, based on the 
number of individuals used per sample analysis (Table 4).  The dashed black line represent the weighted mean of all measured 





Figure 2.9 Mthin and Mthick stable isotopic compositions displayed in δ





Figure 2.10 The offset between Mthin and Mthick oxygen (Δ δ
18O = Mthin - Mthick; blue line) 
and carbon isotopic compositions (Δ δ13C = Mthin - Mthick; pink line) and the averaged 





Figure 2.11 Diameter and carbon (a & c) and oxygen (b & d) isotopic relationship with 





Figure 2.12 Thickness and carbon (a & c) and oxygen (b & d) isotopic relationship with 






Figure 2.13 Irradiance, [CO3
2-], pH, temperature, predicted δ18O, [PO4
3-], and predicted δ13C depth profiles for upwelling sample 21-8 





MICRO-SUBLIMATION AND MC-ICPMS METHOD FOR THE MEASUREMENT OF 




In this study we present a new method developed for the boron isotopic 
measurement of marine carbonates.  Our approach utilizes a micro-sublimation technique 
for isolating boron from the carbonate matrix, with recoveries ranging from 99.7 - 99.9 % 
and reduced sample processing time as compared to traditional ion exchange 
chromatography methods.   Boric acid and carbonate standards are analyzed for their 
boron isotopic ratios using a MC-ICPMS and introduced using a reducing 0.3M HF 
matrix in order to minimize washout times and better control for mass fractionation.   The 
2σ value for measured three boric acid standards (2σ = 0.28 - 0.36 ‰; NIST SRM 951, 
JABA and JABB) and three carbonate standards  (2σ = 0.34 - 0.39 ‰; JCT, JCP, and 
CARO) are within the range of uncertainties reported for other laboratories that use a 
variety of methods for measuring the boron isotopic composition of marine carbonates. 
The δ11B of both the boric acid and carbonate standards measured in this study are within 
error of their published values.  Thus, the micro-sublimation and MC-ICPMS methods 
presented in this study can measure the boron isotopic compositions of carbonate samples 





3.2.1 THE BORON ISOTOPE PH PROXY 
The paleoceanography/paleoclimatology community has put considerable effort 
into the development of proxies for reconstructing past atmospheric carbon dioxide 
concentrations (pCO2) beyond the 800,000-year records provided by ice cores (Petit et 
al., 2008).  The rapid equilibration between atmospheric pCO2 (atm) and surface ocean 
pCO2 (aq) (10 years; Revelle and Suess, 1957) is such that one system provides us with 
quantitative information about the other.  Coupling estimates for surface ocean pH with 
those for other carbonate system parameters, such as alkalinity, allows us to calculate 
surface ocean pCO2 and, therefore, atmospheric pCO2 (Zeebe and Wolf-Gladrow, 2001).  
Thus, a reliable proxy for pH that can be applied to the marine sedimentary record would 
provide us with the ability to identify past ocean acidification events.  
 Over the past decade, the boron isotopic composition of marine carbonates has 
become a commonly used proxy for past changes in ocean pH. Both laboratory culture 
and field studies have shown that the boron isotopic composition (δ11B) of foraminiferal 
calcite is strongly pH-dependent and can therefore serve as a paleo-pH proxy (Hemming 
and Hanson, 1992; Vengosh et al., 1991; Hemming and Hönisch, 2007; Foster et al., 
2008; Henehan et al., 2013).  The boron isotope-pH proxy has been used to reconstruct 
changes in surface and bottom water pH, as well as calculate atmospheric pCO2 
concentrations that fluctuate in accordance with those recorded in ice cores (Spivack et 
al., 1993; Sanyal et al., 1995; Pearson and Palmer, 2000; Honisch and Hemming, 2005; 
Foster et al., 2008; Rae et al., 2011; Henehan et al., 2013).  The δ11B-pH proxy is based 
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on the observation that the relative abundances and isotopic compositions of the two 
aqueous species of boron – boric acid (B(OH)3) and the borate ion (B(OH)4
-) – are 
strongly pH dependent (see Zeebe and Wolf-Gladrow, 2001 and Hemming and Hönisch, 
2007 for review; Figure 1a and b).  The boron isotopic composition of a sample is the 
ratio of the two stable nuclides of boron - 10B (19.82%) and 11B (80.18%) - and is 
reported in delta notation relative to certified boric acid reference standard NIST SRM 
951: 
 
                                δB (‰)  = 
/
/ !"
# − 1& x 1000                        (1) 
 
where 11B/10BNIST951 = 4.04363 (Catanzaro et al., 1970).  There is an isotopic offset 
between the two aqueous boron species due to coordination-controlled vibration 
differences (~27‰; Klochko et al., 2006), resulting in the following exchange reaction: 
 
                           11B(OH)3 +
10(BOH)4
- <-> 10B(OH)3 + 
11B(OH)4
-                       (2) 
 
This exchange reaction has an equilibrium constant <1, which means that boric 
acid is isotopically enriched in 11B relative to borate ion.  Hemming and Hanson (1992) 
found that a variety of biogenic carbonate samples analyzed for their boron isotopic 
compositions exhibit a narrow range in δ11B that corresponds with the δ11B of borate ion 
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at typical seawater pH.  The results of this study suggest that only the tetrahedrally 
coordinated borate species is incorporated into biogenic carbonate during calcification 
(Figure 1b).  Later studies provided clear evidence that the δ11B of cultured foraminifera 
increase with increasing pH (Sanyal et al., 1996; 2001; Henehan et al., 2013; Figure 2), 
but the relationship between seawater pH and foraminiferal δ11B differ from that 
predicted for borate ion by fairly constant, species-specific offsets.  Thus, in order to 
calculate pH from measured δ11B, one needs to know the boron isotopic composition of 
seawater (39.65 ± 0.41 ‰; Foster et al., 2013), the stoichiometric equilibrium constant 
(pK• B = 8.6 at 25°C and 35 ppt; Dickson, 1990), the isotopic fractionation factor between 
B(OH)4
- and B(OH)3 (αB = 1.0272; Klochko et al., 2006), as well as the species-specific 
offset (α; Hemming and Hönisch, 2007; Henehan et al., 2013).  Using these parameters, 
the pH of seawater can be derived using the following equation: 
 
  pH = pK• B – log  ('
()*'+,+-.*/)
'()*/∗('+,+-.*/)*∗(/*)
#                        (3) 
 
At present, there are fewer than a dozen laboratories that are measuring the boron 
isotopic composition of marine carbonates for use in paleo-reconstructions, due in large 
part to the analytical rigors of making these measurements. For example, the change in 
δ11B of modern marine carbonates per unit change in pH is very small (Figure 1) thus 
achieving low 2σ values during analysis is imperative for attaining reliable estimates 
(Foster et al., 2013).  Table 1 reports the δ11B and associated 2σ values for a selection of 
boric acid and carbonate standards measured at a number of these laboratories. These 
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δ11B and associated 2σ values were achieved using a variety of different boron isolation 
and mass spectrometry methods. The standards listed exhibit 2σ values for boric acid 
standards (2σ range = 0.12 -1.35 ‰) that are comparable to those reported for carbonate 
standards (2σ range = 0.08 - 0.93‰).  However, significantly lower 2σ values for boric 
acid standard (2σ = 0.29 - 0.61 ‰) relative to carbonate standards (2σ = 0.65 - 2.86 ‰) 
are reported in a recent inter-laboratory comparison study (Foster et al., 2013).  Prior to 
this study, reporting uncertainties in boron isotopic measurements were generally based 
on repeat measurements of a single boric acid standard that requires no pre-treatment.  
Foster et al. (2013) observed that the 2σ values reported during the inter-laboratory 
calibration of multiple unknown standards were higher than those reported for the same 
laboratories in earlier studies.  This suggests that the higher 2σ values of measured 
carbonate standards relative to those reported for boric acid standards are likely attributed 
to boron concentration (sample size) or B/Ca (boron concentration relative to carbonate 
matrix).  
 
3.2.2 ANALYTICAL CHALLENGES 
The boron isotopic compositions of marine carbonates have been measured using 
positive thermal ionization mass spectrometry (P-TIMS; Spivack and Edmond, 1986), 
negative thermal ionization mass spectrometry (N-TIMS; Hemming and Hanson, 1994; 
Aggarwal et al., 2009), multi-collector inductively coupled plasma mass spectrometry 
(MC-ICP-MS; Foster et al., 2008; Henehan et al., 2013), total evaporation thermal 
ionization mass spectrometry (TE-TIMS; Liu et al., 2013) or most recently by the high 
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resolution inductively coupled plasma mass spectrometry (HR-ICP-MS; Misra et al., 
2014).  The measurement of the boron isotopic composition of marine carbonates is 
complicated by a number of issues associated with sample processing and analysis, all of 
which can be corrected for using a variety of methods.  The current paper describes some 
new techniques we have developed for making boron isotope measurements using MC-
ICPMS.  
Biogenic carbonates have relatively low boron concentrations ranging from 10-70 
μg/g (Hemming and Hanson, 1992), thus analysis with MC-ICPMS generally require 
anywhere from 1-5 mg CaCO3 for accurate measurements (Foster et al., 2008).  Due to 
the small amount of boron contained in biogenic carbonates, minute quantities of boron 
contamination during sample processing and analysis can significantly alter the isotopic 
composition of a sample.  Thus, blank reduction techniques are rigorously applied to 
attain the desired signal to noise ratio of < 2% (Foster et al., 2008).  These methods 
include the utilization of over-pressured flow hoods equipped with boron-free HEPA 
filters and the use of only Teflon materials for boron sample processing.  Reagents are 
generally Optima grade, Teflon-distilled, or further treated with boron-specific ion 
exchange resin or mannitol to reduce boron contamination. 
Boron is a low mass element, making it particularly susceptible to mass fraction 
during analyses on the mass spectrometer.  This can be corrected for by using rapid 
Standard-Sample Bracketing (SSB; Foster et al., 2008).  However, reducing the time 
between sample analyses is hindered by a strong memory effect caused by the volatile 
nature of boron in its boric acid form, thus requiring long washout times between 
samples.  Laboratories analyzing boron isotopes have overcome this effect by using 
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either a reducing gas (ammonia; Foster et al., 2008) or a reducing mineral acid (HF; 
Misra et al., 2014) to capture residual boron, allowing for 2-3 minute washout times. 
Boron must also be separated from its sample matrix in order to eliminate matrix 
dependent instrumental mass bias effects when being analyzed by MC-ICPMS (Foster et 
al., 2008).  Traditional methods for boron extraction from a carbonate sample matrix 
involve the use of ion exchange chromatography (Spivack and Edmond, 1987; Foster et 
al., 2008).  For example, Foster et al. (2008) load dissolved samples into 25 ml micro-
columns containing boron-selective Amberlite IRA 743 resin in a buffered nitric acid 
solution (pH =5) and then elute using 0.5M HNO3 following the removal of the matrix 
with multiple MilliQ water washes.  The removal of boron from the resin requires > 20 
micro-column rinses and 465 minutes/24 samples for full method application (Van 
Hoecke et al., 2014).  The ion exchange chromatography method exposes the samples to 
a high level of environmental and reagent boron contamination and is expensive both in 
terms of time and required consumables.    
 Gaillardet et al. (2001) introduces an alternative method for extracting boron from 
an organic-rich matrix using micro-sublimation.  This method was later refined for Ca-
rich solutions (Wang et al., 2010) and has since been used for isolating boron from 
carbonate matrices prior to subsequent analysis by ICP-MS (Liu et al., 2013; Misra et al., 
2014).  Boric acid is volatized at relatively low temperatures (60°C) and can therefore be 
separated from its carbonate matrix without fractionation if sublimated in a closed 
environment (Gaillardet et al., 2001).  The methods presented in Gaillardet et al. (2001) 
and Wang et al. (2010) use a 5 ml conical Teflon beaker as the sublimation chamber and 
the carbonate sample, once dissolved in a small volume of acid (40-50 μl), is pipetted 
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onto the cap of the beaker.  The beaker is then placed, cap-down, on a hotplate set to a 
stable temperature (70-98°C).  Once sublimation has completed (12-18 hrs), the 
sublimated boric acid droplet is used for isotopic analysis.  Gaillardet et al. (2001) reports 
that even incomplete recoveries of a sublimated 250 ng B boric acid standard (NIST 
SRM 951) exhibited accurate δ11B values with no significant isotopic fractionation (δ11B 
= 0.03‰, 2σ =0.09‰).  However, biogenic carbonate samples seldom contain 250 ng of 
B, and thus complete recovery (> 99%) is necessary to reduce possible Rayleigh 
fractionation due to incomplete boron recovery or loss during the high temperature 
sublimation process (Misra et al., 2014; Van Hoecke et al., 2014).  The micro-
sublimation method requires only 190 minutes/24 samples for sample preparation and the 
volume of consumables required for this method are less costly than those required for 
ion exchange chromatography (Van Hoecke et al., 2014). 
In this paper, we outline new methods developed for the boron isotopic measurement of 
marine carbonates using the micro-sublimation technique to isolate boron from the 




3.3.1 BLANK REDUCTION PROCEDURES 
One of the greatest analytical challenges for measuring the boron isotopic 
composition of marine carbonate samples, which generally contain only 10-15 ppm boron 
(Hemming and Honisch, 2007), is to reduce the blank accumulation in measured samples 
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and reagents.   In this study, all sample processing for boron isotopic measurements is 
performed in a laboratory equipped with a sealed, over-pressured flow hood and boron 
free HEPA filters.  Only Teflon labware is utilized within the boron chamber and flow 
hood. All Teflon labware is first cleaned in aqua regia and rinsed periodically with 10% 
HCl.  The flow hood is also cleaned on regular occasions with acetone to help maintain 
low blank accumulation.  All concentrated reagents used in the boron isotope method (18. 
2 MΩ Super-Q ultrapure water, 1 Optima® HCl, 29M trace metal grade HF) are either 
percolated through a Teflon separatory funnel containing Amberlite IRA 743 resin or 
teflon-distilled, yielding negligible blanks on the Element ICP-MS (mean [B] = 0.18 ng, 
n = 4).  All diluted reagents are stored in Teflon containers prior to use in the micro-
sublimation method. 
Teflon vial cleaning is conducted using a modified method from Foster et al. 
(2008).  Labels are first removed using acetone and vials are rinsed three times in Super-
Q water (SQ).  Following a 2-hour initial reflux in 7M HCl at 120°C (trace metal grade), 
vials are submerged in a 500 ml Teflon container containing 7M HCl (trace metal grade) 
for 24-48 hrs (120°C).  Vials are the removed, rinsed three times in SQ, and then placed 
in a second wash containing 7M Optima HCl and Amberlite IRA 743 filtered Super-Q 
water (ASQ) for 24 - 48 hrs (120°C).  Following the second wash, vials are rinsed three 
times using ASQ, capped and stored in clean Teflon containers until use.  A 1-hr final 
reflux in 10 Optima HCl and ASQ is conducted immediately prior to use for micro-




3.3.2 SAMPLE PREPARATION 
Approximately 150-300 individual foraminifera are picked from each sample in 
order to yield 2-5 mg of CaCO3 for boron isotopic analysis.  The foraminifera are lightly 
crushed between two clean glass slides and placed with a paintbrush into acid-cleaned 1.5 
ml micro-centrifuge vials.  50 μl of ASQ is added to each vial prior to a 30 second 
sonication, after which the supernatant containing clay particles is removed. This step is 
repeated until the crushed foraminifera are pure white.  The samples then undergo an 
oxidative treatment using 3% H2O2 and 0.1N NH4OH.  Prior to dissolution in 75 μl of 2-
3M Optima HCl, samples are treated with 0.0005M Optima HCl to remove any adsorbed 
contaminants.  Samples undergo an average 25% mass loss during cleaning.  Because 
carbonate standards JCP and JCT have already been chemically pre-treated, only the final 
contaminant removal step is applied to these standards prior to dissolution (Okai et al., 
2002; Takashi et al., 2004). 
 
3.3.3 MICRO-SUBLIMATION METHOD 
The extraction method for removing boron from the carbonate matrix was 
modified from Wang et al., (2010) and Misra et al. (2014).  This micro-sublimation 
method differs significantly from the traditional ion exchange column chemistry method 
for boron extraction used in most previous studies (Foster et al., 2008; Rae et al., 2011; 
Henehan et al., 2013) and relies on the volatile nature of boric acid.  For this method, 2 to 
5 mg of cleaned carbonate is dissolved in 75 μl of 2M HCl.  All boron in the dissolved 
sample is in the form of boric acid (pH < 2; Wang et al., 2010). Prior to depositing the 
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dissolved samples in the vial caps, the sutures of the pre-cleaned 5 ml conical Teflon 
vials are wrapped in Teflon tape in order to reduce mass loss during sublimation.  The 
entire dissolved carbonate sample is deposited in the center of the cap, sealed tightly and 
weighed (± 0.1 mg, repeat weighing 1 mg calibration weight, n = 20) to monitor mass 
loss during the sublimation process.  The vials are then placed cap-down on an ANALAB 
hotplate equipped with a Teflon coated heating block set to 98°C and left to sublimate 
over an 18-20 hour period (Figure 3).  After sublimation, the sublimated boric acid 
droplet is deposited in the conical portion of the Teflon vial, with a small, gelatinous 
residue remaining in the center of the cap.  The hotplate is then turned off and left to cool 
for at least one hour, until the vials reach room temperature.  After the vials have cooled, 
the droplet is stable and the vial is re-weighed to monitor mass loss.  At this point, the 
residue can be recovered for measurement of [B] on a HR-ICPMS to calculate % boron 
recovery.  The sublimated sample is then pipetted into an acid-washed vial and diluted 
with 0.3M HF up to a minimum of 250 μl for analysis on the MC-ICPMS. 
 
3.3.4 STANDARDS 
The standards used for boron isotopic analysis and their published values are 
listed in Table 1.  The boron isotopic ratios of sample materials are reported relative to 
NIST SRM 951 (11B/10B = 4.04367; Catanzaro et al., 1970), a boric acid reference 
standard developed by the National Institute of Technology.  During a sample run, NIST 
SRM 951 is measured relative to itself to determine machine precision and accuracy and 
is also used as the bracketing standard for samples.  In this study, JABA and JABB boric 
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acid standards were also used for preliminary Neptune MC-ICPMS methods 
development, but not during subsequent sample analysis. 
We created an in-house carbonate standard using the planktonic foraminifera 
Orbulina universa from a sediment trap sample (CAR33z #3) collected from the Cariaco 
Basin, Venezuela. Approximately 9 g of cleaned Orbulina universa (B/Ca ~ 51 
μmol/mol; E. Osborne, unpublished B/Ca data for G. menardii collected from the Cariaco 
Basin) was dissolved in 2M HCl to create a homogenized 333 ppb stock solution.  The 
concentration of the stock solution was determined in order to create a 50 ppb solution 
once the 75 μl sublimation droplet is diluted to the required volume of 500 μl for 
duplicate analyses on the MC-ICPMS (250 μl required per analysis).   
Additional carbonate standards, JCP (Porites coral; Takashi et al., 2004) and JCT 
(giant clam; Okai et al., 2002; Takashi et al., 2004), were used to assess the accuracy of 
the micro-sublimation and MC-ICP-MS methods.  All standards are prepared in solutions 
of 2M HCl and 0.3M HF and amberlite-SuperQ.   
 
3.3.5 MC-ICPMS METHODOLOGY 
All samples were analyzed using a Thermo Finnigan Neptune MC-ICPMS housed 
at the Center for Mass Spectrometry, University of South Carolina. Instrument hardware, 
typical operating conditions and data acquisition parameters are listed in Table 2.  
Following Foster et al. (2008), a sample gas test is performed after tuning for each 
analytical session in order to determine the flow rate associated with the most stable 11B 
to 10B ratio and lowest level of instrument mass fractionation.  This test manipulates the 
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sample gas rate by small increments (0.02 L/m), while recording the 11B/10B and the 
intensity of 11B.  Optimal stability in 11B/10B is generally associated with higher gas flows 
(0.885 L/min) and slightly lower sensitivity (Figure 4).  Rather than using a reducing gas 
to reduce washout times (Foster et al., 2008), we employ the reducing mineral acid 
method presented in Misra et al.  (2014).  Specifically, 0.3M HF is used for our wash and 
standard solutions and is added to all samples during dilutions.   Using this method, we 
require a washout time of only 2.5 minutes to achieve the desired blank to signal ratio of 
1-2% (typical 11B = 0.5%, typical 10B = 2.2%). The higher blank to signal ratio for the 
lighter isotope is attributed to the isobaric interference resulting from 40Ar4+ on boron at 
low resolution.    
Samples are run manually at low resolution using an online baseline correction 
and sample-standard bracketing (SSB).  A single SSB, including blank correction and 2.5 
min washout times, can be completed in 28 minutes, allowing for 17 sample analyses in a 
single 8-hr analytical session.  Each analysis consists of the simultaneous collection of 
masses 10 and 11 in their corresponding Faraday cups (L3 and H3 for 10B and 11B, 
respectively) for 3.5 minutes.  Instrument mass bias was corrected for by using the 
average B ratio of bracketing NIST 951 standards when calculating the δ11B for each 
sample (Eq. 3.1).  
3.4 RESULTS AND DISCUSSION 
3.4.1 EFFICIENCY OF MICRO-SUBLIMATION METHOD 
The micro-sublimation method requires 3 hours of sample preparation, 18-20 
hours of unattended micro-sublimation and 1 hour of sample post-processing for 10 
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samples.  Thus, the micro-sublimation method reported here requires only half of the 
time for sample processing as compared to the ion-exchange chromatography method 
used in most other laboratories (Van Hoecke et al., 2014).  For all runs, the mass loss 
resulting from the micro-sublimation was no more than 5% of the starting volume (mean 
mass loss = 3.9 ± 0.1 mg (μl), n = 69), though some of this apparent mass loss may be 
attributed to the lower rigidity of the vials after sublimation.  Preliminary tests using the 
carbonate standard JCP revealed that increasing the time of sublimation from 6 to 18 
hours resulted in a decline in the boron isotopic composition and 2 sigma value of the 
standard (Figure 5).  This is in agreement with previous studies stating that the initial 
sublimated droplet is enriched in 11B (Wang et al., 2010).  The boron isotopic 
composition of the measured JCP (δ11B ~ 24.38 ‰) is close to that of previously 
published values  (mean δ11B ~ 24.32 ‰) after 18 hours of sublimation.  Thus, micro-
sublimation of samples for 18-20 hours is recommended in order to achieve accurate 
results.   
The [B] of the sublimated droplet and gelatinous residue were measure after an 
18-hour sublimation of 10 JCT samples using an ELEMENT HR-ICP-MS (Table 3). 
Boron concentrations of the sublimated droplets ranged between 110 and 127 ng B for 
samples weighing between 2.7 and 3.1 mg CaCO3.  Boron concentrations in the residues 
ranged from 0.09 – 0.49 ng B, with recoveries between 99.7 and 99.9%, comparable to 
those reported in Wang et al., (2010).  Procedural blanks run using the same methods 
yielded a typical blank contribution of 0.15% (0.07-0.28 ng, n = 4) that is comparable to 
the procedural blanks reported in Wang et al. (2010; 0.04-0.07 ng) and Foster et al. 
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(2008; 0.07 – 0.1 ng).  These blank contributions are considered insignificant compared 
to average amount of boron per sample (Table 3).  
Subtracting the instrument uncertainty (2σ for NIST SRM 951, Table 1) from the 
2σ values for micro-sublimated carbonate standards (2σ for JCT, JCP and CARO, Table 
1) provides us with a measure of accuracy for the micro-sublimation method (2σms = -
0.02 - 0.03 ‰).  
 
3.4.2 STANDARD REPRODUCIBILITY 
Tests run using the boric acid standard JABA revealed that for samples with B 
concentrations ranging from 20 – 100 ppb, sample-standard concentration matching to 
within 20% produced the most accurate and precise δ11B values (Figures 6). The tests 
revealed that concentration matching between higher concentration samples and 
standards (100 ppb B) is less important in achieving accurate δ11B values than 
concentration matching for lower concentration samples and standards (20 ppb; Figure 
6).  Even with high concentration samples, however, the 2σ values increased as the 
difference in concentrations between sample and standard increased. Thus, sample 
solutions generally ranged between 30-80 ppb B and were concentration matched to 
within 20% (10% for lower samples ≤ 20 ppb) of the NIST SRM 951 boric acid 
bracketing standard.  
Replicate analyses of boric acid standards provide us with an estimate for 
instrument uncertainty, with an overall 2σ of 0.36‰ for NIST SRM 951 boric acid 
standard (δ11B = -0.009; n = 78), 0.32 ‰ for JABA (δ11B = 10.84; n = 80) and 0.28 ‰ 
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for JABB (δ11B = -24.48; n = 51).  The 2σ values reported for the carbonate standards 
measured in this study represent a combination of instrument and sample processing 
uncertainty, with 2σ values of 0.39‰ for JCT (δ11B = -0.002; n = 22), 0.34‰ for JCP 
(δ11B = 24.38; n = 10) and 0.39 for CARO (δ11B = 16.68; n = 4). Our range in 2σ values 
for the boron isotopic analysis of marine carbonates using the micro-sublimation 
technique (2σ = 0.34 – 0.93 ‰) is within the lower range of those reported for other 
laboratories (2σ  = 0.27 - 2.86 ‰; Foster et al., 2013).  
 
3.5 CONCLUSIONS 
The results of this study illustrate the efficiency of the micro-sublimation method 
at isolating boron from a carbonate matrix for isotopic analysis on the Neptune MC-
ICPMS.  The use of a 0.3M HF matrix in substitution of a reducing add gas is effective at 
decreasing washout times between boron isotope sample analyses to 2.5 minutes, 
allowing for rapid sample-standard bracketing.  The range in 2σ values reported in this 
study for both boric acid standards (2σ = 0.28 – 0.36 ‰) and carbonate standards (2σ = 
0.34 – 0.39 ‰) are comparable to and on the lower end of those reported from other 
laboratories. Thus, the boron isotopic composition of marine carbonates with [B] greater 
than 20 ppb can be measured both accurately and precisely using the micro-sublimation 


























Figure 3.1 (a) concentration and (b) isotopic composition of borate and boric acid in 
seawater as a function of pH.  Also shown is the range in boron isotopic values for 
modern marine carbonates (from Hemming and Honisch, 2007).
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Figure 3.2 Published cultured and inorganic precipitate calibrations for multiple species 
of foraminifera.  All have been normalized to a temperature of 26°C and salinity of 37.2 
psu. The black line is the aqueous value of δ11B borate for these same environmental 
conditions; note the offset between the foraminiferal δ11B -pH calibrations and that 
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Figure 3.4 An example of the sample gas flow rate test performed before each analytical 
session.  The gas flow rate that correlates with the most stable 11B/10B ratio is chosen in 





Figure 3.5 The decrease in both δ11B and 2σ of carbonate standard JCP with increasing 
sublimation time.  The dashed line represents the long-term mean δ11B measured at 





Figure 3.6 Reproducibility (2σ) of JABA boric acid standard as a function of sample-
standard boron concentration matching.  Green are samples paired with 20 ppb NIST 
SRM 951 bracketing standard and black circles are samples paired with 100 ppb NIST 




CHANGES IN THE EASTERN EQUATORIAL PACIFIC CARBONATE SYSTEM OVER 




We use coupled carbonate system parameters (G. sacculifer area density- derived 
[CO3
2-], alkalinity and δ11B derived pH) to calculate upper thermocline pCO2aq for the 
eastern equatorial Pacific ((2°16’N, 90°57’W) over the last 35,000 years. The 
thermocline-atmospheric pCO2 difference (Δ pCO2) in this region is higher during the 
glacial period (167 μatm) relative to the deglacial period and Holocene (28 μatm), 
indicating a high CO2 store at thermocline depths during the last glacial.  Additionally, 
the average offset between the raw radiocarbon ages of surface dweller G. ruber and 
thermocline dwelling N. dutertrei (Δ14Cduter-ruber) of ~ 1250 
14C years provides further 
evidence for the storage of 14C-depleted CO2-rich waters at thermocline depths during the 
glacial period.  Δ pCO2 declines by ~ 200 μatm and Δ
14Cduter-ruber decline by ~ 1000 
14C 
years during the early deglaciation and by ~ 150 μatm and 1000 14C years again during 
the Younger Dryas (YD).  A concurrent decline in surface-ocean [CO3
2-] of 50 and 25 
μmol/kg, respectfully, during the early deglaciation and YD, and a concurrent increase in 
atmospheric CO2 concentrations indicate that EEP thermocline CO2 was transferred to the 
atmosphere at these times.  We are able to rule out enhanced upwelling as the cause of 
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this transfer and support the conclusions of earlier studies that indicate the advection of 
CO2-rich Southern Ocean waters into the EEP through ocean tunneling.   This study 
provides the first direct evidence for the transfer of CO2 from thermocline depths to the 
atmosphere in the EEP during the deglaciation and provides further evidence that this 
region plays an important role in atmospheric CO2 change during glacial terminations  
 
4.2 INTRODUCTION 
4.2.1 GLACIAL-INTERGLACIAL ATMOSPHERIC CO2 CHANGE 
At present, the eastern equatorial Pacific (EEP) serves as the ocean’s largest 
source of CO2 to the atmosphere (0.8 to 1.0 Pg C year-1, Takahashi et al, 2009; Figure 1).  
As a result, it has been suggested that this region plays an important role in the 
modulation of atmospheric CO2 concentrations on glacial-interglacial timescales (Spero 
et al., 2002; Marchitto et al., 2007; Marinez-Boti et al., 2015).  Several studies have 
suggested that the EEP served as a continuous source of CO2 to the atmosphere 
throughout the recent glacial-interglacial (G-I) cycle (Pederson et al., 1991; Sanyal et al., 
1997; Sanyal and Bijma, 1999).  The mechanisms behind rising atmospheric CO2 
concentrations (pCO2atm) during deglaciations have long been debated (Broecker et al., 
1998; Archer et al, 2000; Sigman and Boyle, 2000; Anderson et al., 2009; Anderson and 
Carr, 2014; Marcott et al., 2014), though most recent studies agree on the necessity of an 
isolated, deep-water carbon pool during glacial times and the release of this carbon to the 
atmosphere during deglaciations (Sigman and Boyle, 2000; Anderson et al., 2009; 
Marcott et al., 2014; Skinner et al, 2014).  While the Southern Ocean has been strongly 
 
 119
implicated in the rise of pCO2atm during glacial terminations (Sigman and Boyle. 2000; 
Skinner et al., 2006; Anderson et al., 2009; 2014; Schmitt et al., 2012; Martinez-Boti et 
al., 2015), reconstructed surface ocean CO2 concentrations (pCO2aq) from the EEP 
provide evidence that this region also contributed to rising atmospheric pCO2atm during 
deglaciations (Martinez-Boti et al., 2015).  
  Several studies have demonstrated the existence of bipolar thermal and 
ventilation seesaws that act on millennial timescales associated with Dansgaard-Oecshger 
(DO) climate oscillations (Broecker et al., 1998; Schmittner and Galbraith, 2008; Ahn 
and Brook, 2008; Anderson et al, 2009; Barker et al., 2009; Skinner et al., 2010; 2014; 
Barker an Diz, 2014). Northern hemisphere cold periods (stadials), as recorded by 
Greenland ice cores, follow abrupt iceberg discharge events in the North Atlantic 
(Heinrich events, HE; Ahn and Brook, 2008).  The timing of these events is coincident 
with a collapse of Atlantic meridional overturning circulation (AMOC), reduced 
northward heat transport associated with a more sluggish North Atlantic Deep Water 
(NADW) formation, and a simultaneous warming around Antarctica (Schmittner and 
Galbraith, 2008; Anderson et al., 2009; Anderson and Carr, 2010).  This rise in Antarctic 
temperatures during the last deglaciation is coincident with the release of long-
sequestered, 12C-enriched CO2 to the atmosphere (Schmitt et al., 2012).  Skinner et al. 
(2010) presents records of radiocarbon age differences between benthic foraminifera and 
the atmosphere (B-Atm) collected from the sub-Antarctic Atlantic (core MD07-3076CQ, 
44°4.46’S, 14°12.47’W), revealing not only the presence of a radiocarbon-depleted 
marine carbon pool in the waters surrounding Antarctica during the last glacial period, 
but also a rapid decline in B-Atm age during Heinrich Stadial 1 (H1; 14.9 – 17.5 kyr).  
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The decline in B-Atm age during Heinrich Stadial 1 is contemporaneous with the rapid 
rise of CO2 and decline in δ
13C of CO2 in the atmosphere (Monnin et al., 2001; Schmitt et 
al., 2012).  Changes in density stratification (Schmittner and Galbraith, 2008; Skinner et 
al., 2010), the strength and latitudinal position of trade winds (Anderson et al., 2009), and 
sea ice extent (Skinner et al, 2010) around Antarctica have all been proposed as 
mechanisms for driving the evasion of CO2 from the deep Southern Ocean to the 
atmosphere during deglaciation.   
A prominent foraminiferal stable carbon isotopic (δ13C) minima event occurring 
during H1 (15-16 kyr BP) is evident throughout Indo-Pacific, south Atlantic and sub-
Antarctic (Skinner et al., 2010), as well as equatorial regions (Spero et al., 2002), 
suggesting that radiocarbon depleted and 12C-enriched waters were transported into the 
equatorial upwelling regions at this time.  Core TR163-19, located just north of the 
modern upwelling region in the eastern equatorial Pacific (EEP), contains a carbon 
isotope minima event spanning 20 - 15.9 ky BP, suggesting an influx of low-δ13C waters 
into this region at thermocline depths during this time period (Spero and Lea, 2002).  
This δ13C minima event is interpreted as the advection of Southern Ocean-sourced waters 
after the renewal of Circumpolar Deep Water upwelling during H1.  A subsequent rise in 
δ13C after 15.9 ky BP is attributed to the re-establishment of North Atlantic thermohaline 
circulation and the influx of nutrient-poor, high δ13C waters to the Subantarctic Mode 
Water (SAMW) and EUC (Spero and Lea, 2002).  Significant shifts in the surface ocean 
carbonate system should be evident if the δ13C-minimum was due to the influx of high 
CO2 waters sourced from the Southern Ocean into the EEP at this time.  Indeed, studies 
from equatorial Pacific sites south of the equator have suggested that surface ocean CO2 
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(pCO2aq) and atmospheric CO2  (pCO2atm) were in near equilibrium during the LGM (20 
kyr BP), but that surface ocean pCO2aq exceeded pCO2atm throughout the deglaciation 
(ODP site 1238, 1°87’S, 82°78’W; Martinez-Boti et al., 2015). This study provides clear 
evidence that the EEP, in addition to the Southern Ocean, was a contributor to CO2 rise 
during the deglaciation.  However, questions regarding the geographic extent of EEP CO2 
evasion and the mechanisms behind the increased flux of CO2 from the surface ocean to 
the atmosphere during the deglaciation remain unanswered.  Additionally, direct evidence 
for the presence of CO2-rich thermocline waters in the EEP during the deglacial period 
has not yet been documented.   
The current study uses planktonic foraminiferal area density (ρA), a proxy for 
carbonate ion concentration [CO3
2-] (Marshall et al., 2013) and boron isotopic 
composition, a proxy for pH (Honisch and Hemming, 2007; Foster et al., 2008), to 
examine changes in the ocean carbonate system over the past 35,000 years in the EEP, 
just north of the modern upwelling region (core TR163-19; 2°16’N, 90°57’W).   These 
two carbonate system parameters are used to generate a record of upper thermocline 
pCO2, which is compared to a pCO2 record from a core collected just south of the equator 
in the EEP (Marinez-Boti et al., 2015).   
 
4.2.2 MODERN AND G-I HYDROGRAPHIC SETTING 
Marine sediment core TR163-19 (2°16’N, 90°57’W, 2,348 m) was collected at 
the northeastern-most extent of the modern upwelling region in the EEP (Figure 1).  The 
surface waters (upper 150m) in this region are characterized by a sharp and shallow 
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thermocline and halocline (Figure 2; Millero et al., 1998).  This is in part due to the influx 
of the cold and high salinity Equatorial Undercurrent (EUC), sourced from Antarctic 
Intermediate Waters (AAIW, 70%) and North Pacific waters (30%; Goodman et al., 
2005), into the region at 75-100 m water depth (Toggweiler et al., 1991; Spero et al., 
2002; 2003; Figure 3).  The EUC waters are also characterized by higher nutrient 
concentrations and lower pH (high CO2) values as compared to the regional surface 
waters, resulting in strong geochemical gradients with depth (Figure 2).  Around 90°W, 
the EUC splits off into northern and southern components, forming the northward 
flowing California Undercurrent (CU) and a southward flowing component that joins 
with the Peru-Chile Undercurrent (PCUC; Figure 3b).  The Subantarctic provides most of 
the surface nutrients to this region through the upwelling of EUC and the PCUC 
(Goodman et al., 2005).  Due to the shallow depth of EUC waters in the EEP, the degree 
of surface-ocean mixing in the waters overlying the TR163-19 core site is partially 
controlled by the strength of EUC advective flow into the region.  Additionally, surface 
wind stress and the relative position of the Intertropical Convergence Zone (ITCZ), 
which migrates about the equator on both seasonal and longer timescales, influence the 
degree of surface ocean upwelling in the EEP (Zhang et al., 2005; Kienast et al., 2006; 
Deplazes et al., 2013).  Due to these combined physical forcings, the eastward-shoaling 
EUC waters initially reach the surface along the western side of the Galapagos Islands (1-
2°N, 90-92°W) and are then entrained in the PCUC and upwelled along the Peru 
coastline (Figure 3; Toggweiler et al., 1991; Kessler et al., 2006; Pennington et al., 2006). 
In the EEP, the ITCZ currently migrates between 9°N and 2°N of the equator in 
the Pacific Ocean, with equatorial upwelling occurring between 90°W and 140°W and 
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3°N and 3°S (Figure 3a and b; Pennington et al., 2006; Schneider et al., 2014).  The EEP 
is also characterized by Ekman-induced coastal upwelling of EUC waters along the Peru-
Chile coastlines, which is formally termed Peruvian Coastal Upwelling (PCU; 
Toggweiler et al., 1991; Pennington et al., 2006).  Both of these upwelling systems bring 
cold, nutrient-rich equatorial undercurrent (EUC) waters to surface and thermocline 
depths.  To the north of this narrow latitudinal strip of upwelling lies a similarly narrow 
strip of downwelling between 3°N and 6°N and a strip of upwelling in the northern EEP 
between 6°N and 15°N (Figure 3).  The strength and latitudinal extent of these upwelling 
and downwelling regions in the EEP change seasonally due to the migration of the ITCZ 
and associated trade winds (Pennington et al., 2006; Figure 3).  
Proxy and modeling studies have linked changes in AMOC strength with changes 
in equatorial Pacific climate (Stott et al., 2002; Zhang et al., 2005; Benway et al., 2006; 
Kienast et al., 2006; Deplazes et al., 2013).  Modeling studies suggest that a slowdown of 
AMOC during Heinrich events and the YD results in a southward shift of the 
Intertropical Convergence Zone (ITCZ; Zhang et al., 2005).  These model outputs 
revealed a decline in upwelling and anomalously warm surface waters south of 5°N and 
enhanced upwelling and anomalously cool surface waters north of 5°N in the EEP as a 
result of a slowdown in AMOC and a southward shift in the ITCZ.  These model outputs 
are corroborated by proxy evidence suggesting cooler and dryer conditions in the 
northern EEP during H1 (Benway et al., 2006; ME0005A-43JC, 7°51’N, 83°36’W).  
Cariaco Basin sediment reflectance data, a proxy for terriginous input and hence 
precipitation, also suggest a southward shift in the ITCZ during stadials (YD, H1; 
Deplazes et al., 2013).  Additionally, the Cariaco Basin reflectance record illustrates a 
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more southward position of the ITCZ during the last glacial period relative to today.  
These latitudinal migrations of the ITCZ about the equator likely differentiate regions of 
the EEP during periods of rapid climate change due to shifts in the latitudinal extent and 
strength of upwelling and downwelling regions. 
The oxygen isotopic compositions (δ18O) of planktonic foraminifera indicate the 
depth at which they calcify within the water column.  At core site TR163-19, 
Neogloboquadrina dutertrei has been shown to inhabits the deep thermocline, while the 
δ18O of Globigerinoides ruber indicate that it lives within surface mixed layer (Figure 2; 
Spero et al., 2003).  A third planktonic formaminifera found in the EEP, Globigerinoides 
sacculifer, inhabits the upper thermocline in the waters overlying core TR163-19 (Spero 
et al., 2003).  However, in the coastal upwelling regions off Peru, where core OPD1238 
was collected, G. sacculifer dwells within the surface mixed layer (Marinez-Boti et al., 
2015).  The stable isotopic compositions of all three species provide a picture of the water 
column structure, with G. sacculifer and N. dutertrei capturing the chemical composition 
of EUC-imprinted thermocline waters and G. ruber recording those of the surface mixed 
layer at the TR163-19 collection site.  Differences between the stable carbon and oxygen 
isotopic compositions of these species have been used in previous studies to infer 
changes in thermocline structure and mixed layer depth in the EEP (Spero et al., 2003).  
Based on the estimated calcification depths of G. ruber, G, sacculifer and N. dutertrei in 
the EEP, these three species represent a modern surface to thermocline pCO2 range of 
100 to 600 μatm (Figure 2).
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4.3 MATERIALS AND METHODS 
 4.3.1 AGE MODEL 
The original age model for core TR163-19 was established using planktonic 
foraminiferal oxygen isotope stratigraphy aligned to the SPECMAP stack (Imbrie et al., 
1984) and two radiocarbon ages (Lea et al., 2000; 2002; Spero and Lea, 2002).   
However, the scarcity of oxygen isotope tie points and radiocarbon dates for the upper 
150 cm of the core called for further age constraints on this portion of the core. A new 
age model for the upper 150 cm of the core TR163-19 was developed based on 10 
radiocarbon ages of the planktonic foraminifera Globigerinoides ruber (Table 1).  An 
additional 11 radiocarbon ages were also obtained for Neogloboquadrina dutertrei (Table 
1) in order to compare the raw radiocarbon ages of surface-dwelling (G. ruber) and 
thermocline-dwelling (N. dutertrei) planktonic foraminifera.  Each sample for 
radiocarbon analysis contained 3-10 mg of monospecific foraminiferal calcite and was 
measured for at the Keck Carbon Cycle AMS Facility (UC Irvine).  Calendar ages were 
determined using Calib 7.1 and the Marine04 calibration dataset that includes a time-
dependent global ocean reservoir correction of about 400 years (Stuvier et al., 2005).  A 
local reservoir age correction (ΔR) of 125 yrs was applied to the raw radiocarbon values 
as determined from the average ΔR from nearby Galapagos sites (n = 6, 1σ = 66).   Both 
the N. dutertrei and G. ruber age models have strong linear correlation coefficients (R2 = 
0.99 and R2 = 0.99, respectively), and exhibit similar slopes (Figure 4).  
Neogloboquadrina dutertrei and G. ruber radiocarbon ages from equivalent core depths 
are offset by an average of 800 yrs for the 35,000-year record, reflecting older ages at 
thermocline depths relative to surface waters.  Ages for all of the core samples were 
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determined using linear interpolation of the G. ruber age model as it is most 
representative of the atmospheric reservoir age.  This age model yields an average 
sedimentation rate of ~ 5 cm/1,000 years for the last 35,000 years.   
4.3.2 STABLE ISOTOPIC MEASUREMENTS 
Oxygen (δ18O) and carbon (δ13C) stable isotope measurements were made on G. 
ruber (350-425 μm), Globigerinoides sacculifer (425-500 μm) and N. dutertrei (500-710 
μm).  Fifty or more individuals of each species were picked and homogenized for single 
(N. dutertrei), duplicate (G. ruber) and triplicate (G. sacculifer) analysis on a GV 
IsoPrime stable isotope ratio mass spectrometer (long-term standard reproducibility is ± 
0.06 per mil for δ13C and 0.07 per mil for δ18O).  The average reproducibility of the G. 
sacculifer samples is similar to the long-term standard reproducibly (± 0.05 per mil for 
δ13C and 0.08 per mil for δ18O).  The isotopic values are reported relative to Vienna Pee 
Dee Belemnite (VPDB).  The δ18O and δ13C values have been corrected based on the 
recommendations of Spero et al. (2003), with δ18O values normalized to G. ruber and 
δ13C normalized to the expected δ13C DIC values from observed species-specific offsets 
(Table 2). 
The boron isotope composition of G. sacculifer was used to estimate the pH of the 
upper thermocline waters throughout the last 35,000 years.  Three to eight mg of G. 
sacculifer (> 425 μm) were picked and cleaned following the methods presented in 
Chapter 3 of this dissertation, as modified from the methods presented in Foster et al. 
(2008) and Misra et al. (2014).  In short, samples were crushed and cleaned for clay 
contaminants by rinsing in amberlite-filtered Super Q water, prior to an oxidative step to 
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remove organics, resulting in an average mass loss of 20%.  The samples were then 
dissolved in 75 μl of 2-3M HCl (made with amberlite-filtered Super Q water) prior to 
boron removal from the carbonate matrix using a modified micro-sublimation technique 
(Wang et al., 2010; Misra et al., 2014).   The sublimated samples were analyzed using a 
Thermo Finnigan Neptune MC-ICPMS.  Standard reproducibility using this method is ± 
0.28‰ for boric acid standard NIST SRM 951 (δ11B = -0.01‰) and ± 0.37‰ for 
measured carbonate standards (CARO in-house O. universa standard, δ11B = 16.8 ‰; 
JCT, δ11B = 16.17‰; and JCP, δ11B = 24.38‰; Takashi et al., 2004).   Samples were 
measured using sample-standard bracketing and reported relative to NIST NBS 951 using 
standard delta notation: 
 
                                δB (‰)  = 
/
/ !"
# − 1& x 1000                        (1) 
 
4.3.3 TEMPERATURE, SALINITY AND PH ESTIMATIONS 
Down core salinity was estimated using the G. ruber Mg/Ca-estimated sea surface 
temperature (Lea et al., 2002) and δ18O to calculate surface ocean δ18O (δ18OSW) using 
the Bemis et al. (1998) high-light equation:   
 




An ice volume correction was applied based on Gaussian interpolation of the benthic 
foraminiferal isotope sea level reconstructions from Waelbroeck et al. (2002).  Finally, 
sea surface salinity (SSS) was determined using the δ18OSW-salinity relationship for the 
eastern equatorial Pacific from Benway and Mix (2004): 
 
                                        δ18OSW = 0.25S – 8.52                                       (3) 
 
We used the G. ruber Mg/Ca-derived paleo-temperatures reported in Lea et al. (2000).  
Globigerinoides sacculifer and N. duterei paleo-temperatures also were estimated using 
δ18O calcite measurements and the local δ18OW estimated using the salinity- δ
18OW 
relationship from Benway and Mix (2004) and salinity measurements at 50 and 100 m 
depth (Millero et al., 1998) corrected for ice volume changes (Waelbroeck et al., 2002).  
We estimate calcification temperature for G. sacculifer (equation 4) and N. dutertrei 
(equation 5) using the plankton tow calibration equations from Mulitza et al. (2003): 
 
                                 T (°C)  = 14.91 – 4.35 (δc –δw)                              (4) 
                                 T (°C)  = 14.62 – 4.70 (δc –δw)                              (5) 
 
Sample δ11B values were converted to pH using the Sanyal et al. (2001) G. sacculifer 
culture equation fitted to the core top calibration from Foster et al. (2008; Figure 5a).  
Following the methods of Foster et al. (2012) and Martinez-Boti et al. (2015), the 
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intercept of the measured δ11B (δ11Bmeas = 18.71‰) and estimated pre-industrial δ
11B 
borate (δ11Bborate = 17.6‰), estimated from modern surface ocean conditions at 50 m with 
an adjusted pH value of  + 0.1 units (pH = 7.997, T = 19.97°C, S = 34.27, pK*B = 8.58, 
Millero et al., 1998), was adjusted to pass through the core-top value to account for 
regional variability (Figure 5a).  δ11Bmeas was then converted into δ
11Bborate using the 
following equation: 
 
                             δ11Bborate (‰)  = (δ11Bmeas – 4.35)/ 0.83     (6) 
 
pH was then determined using:   
 
  pH = pK• B – log  ('
()*'+,+-.*/)
'()*/∗('+,+-.*/)*∗(/*)
#                (7) 
 
where pK*B is the stoichiometric equilibrium constant (Dickson, 1990) which is 
calculated for each sample based on the G. sacculifer δ18O-estimated sea surface 
temperature and estimated salinity, δ11BSW is the boron isotopic composition of seawater 
which is equal to 39.65 ± 0.41 ‰ (Foster et al., 2013), and αB is the isotopic fractionation 
factor between B(OH)4







 Planktonic foraminiferal area density (ρA) has recently been shown to be a reliable 
proxy for carbonate ion concentration ([CO3
2-])  (Marshall et al., 2013). We use the ρA of 
G. ruber (s.s.) and G. sacculifer (sac-less) to calculate surface-ocean and upper 
thermocline [CO3
2-], respectively, for our core location using the calibration equation 
from Marshall et al. (2013).  ρA is calculated by dividing individual weight measurements 
by individual silhouette areas (measured using a microscopic imaging program) and 
taking the sample average (n=40): 
 
                                      ρA (μg/μm
2)  = weight/silhouette area                         (8) 
 
For detailed methods see Marshall et al. (2013).  As with the δ11B, we adjust the intercept 
of these equations to pass through the core top measurements (G. sacculifer ρA = 1.05 x 
10-4 μg/μm2, preindustrial [CO3
2-] at 50 m = 160 μmol/kg; G. ruber ρA = 1.23 x 10
-4 
μg/μm2, preindustrial [CO3
2-] at surface = 212 μmol/kg) in order to account for regional 
differences (Figure 5b).  The down core [CO3
2-] records for G. sacculifer and G. ruber 
were calculated using the following equations: 
 
                            G. sacculifer [CO3
2-] = 195.69 x (ρA x 10
4) – 77.17              (9) 
                               G. ruber [CO3
2-] = 201.66 x (ρA x 10




2-] uncertainty is ± 9.6 μmol/kg based on the standard error of estimate of the 
calibration equation (Marshall et al., 2013). 
 
4.3.5 PCO2 CALCULATIONS 
Any two carbonate system parameters (pH, total alkalinity (TA), [CO3
2-], pCO2 
etc.) can be used to calculate the remainder of the carbonate system if temperature and 
salinity are also known (Zeebe and Wolf-Gladrow, 2001).  Here, we use the modern local 
salinity-alkalinity relationship from Millero et al. (1998) to estimate TA: 
 
                  TASAL = 64.718*S + 38.371                                                   (11) 
 
 We then calculate pCO2aq using two combinations of carbonate system 
parameters: (1) TA and pH and (2) [CO3
2-] and pH.  Calculations of the carbonate system 
parameters were made using the CO2Sys v.2.1-2 program (Pierrot et al., 2006) and the 
constants of Leuker et al. (2000), Dickson et al. (1990), and Lee et al. (2010).  For 
consistency, we use G. sacculifer [CO3
2-] and δ18O-derived temperature to pair with the 
δ11B-derived pH values.  It should be noted that the sea surface salinities used to calculate 
TA and the other carbonate system parameters may be slightly lower (~0.33; Millero et 
al., 1998) than those at the predicted calcification depth of G. sacculifer as these were 
estimated using the shallower-dwelling G. ruber Mg/Ca temperatures and δ18O 
measurements.  Though salinity and alkalinity have a relatively small influence on the 
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calculation of the carbonate system parameters, we account for this difference by creating 
a 1.4 salinity envelope on the TA calculations (Benway and Mix, 2004). All hydrographic 
and carbonate parameters, stable isotopic measurements, and morphometric 
measurements can be found in Table 3.   
The difference between aqueous pCO2 and atmospheric pCO2 (Δ pCO2  = pCO2aq - 
pCO2atm) is generally indicative of the flux of CO2 between the surface oceans and 
atmosphere (Palmer and Pearson, 2003).   Here, we calculate Δ pCO2 by subtracting 
interpolated and compiled pCO2atm collected from Antarctic ice cores (Luthi et al., 2008) 
from the estimated thermocline pCO2aq values for core TR163-19.  As these are upper 
thermocline rather than surface ocean estimations of pCO2, increases in ΔpCO2 may not 
be indicative of the region acting as a source of CO2 to the atmosphere as the CO2 could 
be isolated at depth.  However, decreases in ΔpCO2 represent a loss of CO2 from 
thermocline depths.  This loss could be attributed to CO2 evasion to the surface oceans 
and/or atmosphere, advective transport to other regions, or a decreased supply of CO2 to 
thermocline depths.   
 
4.3.6 UPWELLING PROXIES 
 We use two independent proxies to reconstruct upwelling intensity in the waters 
overlying TR163-19 over the last 35,000 years.  The difference in δ18O between 
Globigerinoides ruber and N. dutertrei  (Δδ18Oduter-ruber) serves as a proxy for the upper 
ocean density gradient or stratification as it reflects the relative depth of the thermocline 
(Spero et al., 2003; Benway et al., 2006).  We compare the Δδ18Oduter-ruber to a record of 
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%TOC, measured at 5 cm intervals, in order to have a second indicator of surface-ocean 
mixing.  %TOC can be used as a proxy for surface ocean productivity (Pedersen and 
Calvert, 1990), which generally increases with increased surface ocean mixing and the 
subsequent upwelling of nutrient-rich waters from deeper depths.  %TOC was determined 
using a Perkins-Elmer 2400 elemental analyzer, following the procedures outlined in 
Froelich (1980).  
 
4.4 RESULTS 
4.4.1 CARBON AND OXYGEN ISOTOPE RECORDS 
The normalized δ18O and δ13C records for G. ruber, G. sacculifer and N. dutertrei 
are shown in Figure 6.  The records reveal the expected depth stratification of the three 
species (Spero et al., 2003), with the surface mixed-layer dwelling G. ruber exhibiting 
the lowest δ18O and highest δ13C values, followed by G. sacculifer with a deeper, upper 
thermocline δ18O and δ13C signature and the deep thermocline-dwelling N. dutertrei 
exhibiting the highest δ18O and lowest δ13C values.  All three δ18O records are marked by 
an ~1.5‰ decrease between 20 kyr (LGM) and present, reflecting the global ice volume 
effect (~1.0 ‰; Waelbroeck et al., 2002) and local changes in surface ocean 
temperatures.  
All three species exhibit a range in δ13C of ~ 0.8‰ throughout the record, though 
the timing of δ13C minima differ between the surface dwelling (LGM) and thermocline 
dwelling species (BA; Figure 6).  The trends exhibited by the carbon isotope records of 
G. sacculifer are more similar to those of the thermocline-dweller N. dutertrei, rather than 
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the surface-dweller G. ruber, verifying that this species is reflecting the chemical 
properties of thermocline depths more so than the surface mixed layer. The well-
documented deglacial 13C- minima event (Spero et al., 2002; Martinez-Boti et al., 2015) 
is clearly evident in the N dutertrei record, showing a ~ 0.4 ‰ decrease from 21 – 15.5 
kyr (Figures 6 and 7). The G. sacculifer and G. ruber records also exhibit a deglacial 
decline in δ13C beginning at 21 kyr, but the δ13C minimas occur earlier for these species 
at 18 and 19 kyr, respectively (Figure 6). All three species records show a gradual decline 
in δ13C of 0.5 ‰ from 35 kyr – LGM, indicating an increase in respired carbon 
throughout the water column likely due to enhanced productivity in the surface oceans or 
the lateral advection of 12C-rich waters during this period.  All three δ13C records show a 
0.5 ‰ increase from 14 to 4 kyr (Figure 7).  As suggested by Spero et al. (2002), this 
increase is likely a result of the re-establishment of NADW formation and the advection 
of nutrient-deplete waters into this region following H1.    
 
4.4.2 SALINITY, TEMPERATURE AND [CO3
2-] RECORDS 
 Estimates of δ18OSW generated using G. ruber Mg/Ca (Lea et al., 2000) and δ
18O 
(this study) are consistent with those previously generated for the EEP for the last glacial-
interglacial cycle (Benway et al., 2006), with calculated salinity values ranging between 
33.6 and 37.8  (Figure 8).  The G. ruber Mg/Ca temperatures (23 - 27°C Lea et al., 2000) 
are on average 5°C higher than the G. sacculifer δ18O- derived temperatures (18 - 21°C), 
and are consistent with a surface habitat for G. ruber and an upper thermocline habitat for 
G. sacculifer in this region of the EEP (Figure 2).  Estimated calcification temperatures 
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for N. dutertei throughout the last 35,000 years are consistent with a deep thermocline 
calcification environment (13 - 17°C).  A 350,000-year Mg/Ca-derived sea surface 
temperature record derived from TR163-19 G. ruber samples exhibits synchronous 
changes with Antarctic air temperature records (Petit et al., 1999; Lea et al., 2000).  
Globigerinoides ruber records the lowest surface ocean temperatures during the glacial 
period, likely reflecting a combination of cooler Southern Hemisphere glacial 
temperatures and enhanced upwelling of cooler subsurface waters at this time (Lea et al., 
2000).   
 G. sacculifer [CO3
2-] values range between 165 and 230 μmol/kg, with an ~ 40 
μmol/kg decline in [CO3
2-] from LGM to present (Table 3; Figure 9).  Minimas in upper 
thermocline [CO3
2-] of ~ 180 μmol/kg occur during the glacial period at 34, 31 and 27 kyr 
and again during the YD.  G. sacculifer [CO3
2-] values increase by 20 μmol/kg during 
H1, followed by a rapid 40 μmol/kg decline during the Boeling-Allerod (BA).  Upper 
thermocline [CO3
2-] values increase by 40 μmol/kg following the Younger Dryas (YD) 
and exhibit a steady decline throughout the Holocene, with the core top recording the 
lowest [CO3
2-] of 160 μmol/kg. 
G. ruber [CO3
2-] ranges from 210 to 272 μmol/kg, with an ~ 50 μmol/kg decline 
in [CO3
2-] from LGM to present (Figure 10).  These records indicate that surface ocean 
[CO3
2-], as recorded by G. ruber ρA, remained high throughout the glacial period (mean 
[CO3
2-] = 260 μmol/kg).  Surface ocean [CO3
2-] exhibited a rapid 40 μmol/kg decline 
from 20 to 18 kyr and maintained low [CO3
2-] concentrations throughout H1 (Figure 10).  
A rise in surface-ocean [CO3
2-] occurred during the BA, following by a decline during the 
YD.  As with the upper thermocline record, surface ocean [CO3
2-] exhibits a steady 
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decline throughout the Holocene, reaching minimal values of 210 μmol/kg at  ~ 1,500 
kyr.    
 
4.4.3 EEP  RECORDS δ11B AND PH 
Regionally corrected Globigerinoides sacculifer δ11B values vary between 17 and 
21 ‰ over the course of the record and trend well with the G. sacculifer ρA- derived 
[CO3
2-] record. During the LGM, the TR163-19 δ11B record is offset by 3.5 ‰ from the 
δ11B values derived for the same species at the more southerly EEP location  (Marinez-
Boti et al., 2015; Figure 9).  These two G. sacculifer δ11B EEP records straddle the 
equator and are therefore in different temperature and salinity regimes.  Once pH is 
derived from the δ11B records, taking into account down-core temperature and salinity 
estimations for each core location, the two records show comparable pH values and 
trends from 16 kyr through the start of the Holocene.  The trends exhibited by the two 
records differ from the LGM through H1, with the more northerly site showing an 
increase in δ11B (pH) and the southerly site showing a clear decrease in δ11B (pH).  After 
14.1 kyrs, TR163-19 δ11B begins to decrease through the Holocene.  The pH values for 
TR163-19 for the last 35,000 years range between 7.9 and 8.3.  The LGM and core top 
exhibit no difference in pH value (8.0), with pH shifts as great as 0.3 between the two 
periods.  
4.4.4 UPPER THERMOCLINE PCO2 RECONSTRUCTIONS 
pCO2aq reconstructions were performed using G. sacculifer δ
11B-derived pH 
paired separately with G. sacculifer [CO3
2-] and salinity-based TASAL reconstructions.  
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The two pCO2aq records agree within error of one another (with the exception of 27 kyr 
BP), though pCO2 estimates are more variable using [CO3
2-] compared to TASAL (Figure 
9; 1σ = 150 vs. 100 ppm).  The records for [CO3
2-] and TASAL covary nicely for much of 
the record, though the trends diverge during the deglaciation (LGM-YD).  The core top 
pCO2 value of 470 ppm is comparable to the present day value at 50 m depth at our core 
location, consistent with the estimated G. sacculifer upper thermocline depth habitat 
(Figure 2).  The two pCO2 records yield an average pCO2aq of 377 ppm from 35 kyr-LGM 
and 252 ppm from the LGM-present (Figure 9).  The Δ pCO2 (pCO2aq - pCO2atm) suggests 
that the thermocline in this region of the northern EEP contained an excess supply of CO2 
for the majority of the glacial period (mean Δ pCO2  = 167 μatm) and lost much of this 
supply during the deglaciation (mean Δ pCO2  = 28 μatm). 
 
4.4.5 THERMOCLINE AND SURFACE AGE OFFSETS 
Higher age offsets between the surface mixed layer G. ruber and thermocline-
dwelling species N. dutertrei from 30 to 21 kry (1250 14C years) as compared to the LGM 
through the Holocene (450 14C years) suggests the presence of an old, carbon-rich water 
mass at thermocline depths during the glacial period (Figure 10).  Two periods of rapid 
declines in Δ14Cduter-ruber of ~ 1000 
14C years occur between 21 and 18 kyr and 13 and 11 





4.4.6 THE UPWELLING HISTORY OF THE EEP 
The Δδ18Oduter-ruber for core TR163-19 is smaller during the last glacial as 
compared to the deglaciation and Holocene, indicating enhanced surface ocean mixing in 
this region during the last glacial period and more stratified conditions from the onset of 
deglaciation and through the Holocene (Figure 11).  This is consistent with higher 
average %TOC during the glacial period (0.53%) relative to the deglaciation (0.35%).  
Interestingly, Δδ18Oduter-ruber and  %TOC decline (surface ocean stratification increases) 
during Heinrich events (H1~15.5-17 kyr, H2~24 kyr and H3~29-30 kyr) and the YD 
(12.8-11.7 kyr), when a slowdown of the AMOC would have resulted in a southward 
shift in the ITCZ and associated northeast trade winds (Figure 11; Zhang et al., 2005; 
Kienast et al., 2006; 2013; Deplazes et al., 2013).  Minima in Δδ18Oduter-ruber, interpreted 
as a breakdown in the density gradient and enhanced surface-ocean mixing, occur 
intermittently during the glacial period (34 kyr, 31 kyr, 28 kyr, 20 kyr) and the Holocene 
(9 kyr, 4 kyr, 1.5 kyr), but are absent during the deglaciation.  
 
4.5 DISCUSSION 
4.5.1 THE MECHANISMS BEHIND UPWELLING CHANGES IN THE EEP 
 Upwelling in the EEP was strongest during the glacial period, as indicated by the 
%TOC and Δδ18Oduter-ruber and reduced during the deglaciation (Figure 11).  Changes in 
upwelling intensity appear to be closely linked with shifts in the latitudinal position of the 
ITCZ (Deplazes et al., 2013), such that increased upwelling occurs when the ITCZ is in a 
more northerly position during the glacial period and Holocene and increased 
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stratification occurs when the ITCZ is in its more southerly position during H1 and the 
YD.  A decline in upwelling in this region of the EEP during stadials is consistent with 
modeling studies that observed a southward shift in the ITCZ and subsequent decline in 
upwelling south of 5°N in the EEP in response to a shutdown in AMOC (Zhang and 
Delworth, 2005).     
 
4.5.2 GLACIAL RESPIRED CARBON POOL AT THERMOCLINE DEPTHS IN THE EEP 
The previously documented EEP 13C- minima event (Spero et al., 2002; Martinez-
Boti et al., 2015) is evident in the N. dutertei record from TR163-19, indicating the influx 
of respired, light carbon into this region at thermocline depths during the deglaciation.  
This event is initiated at the same time (21 kyr), though shorter lived in the upper 
thermocline dwelling G. sacculifer and mixed layer dwelling G. ruber records (Figures 6 
and 7).  We speculate that the shorter duration of the 13C- minima event in the G. ruber 
and G. sacculifer records is due to a decrease in upwelling at this time (see section 4.3.3 
below), which would increase light levels (irradiance) at depth.  Spero and DeNiro (1987) 
and Spero and Williams (1988) illustrate that the δ13C of foraminiferal calcite can 
increase as much as 1.7 ‰ when calcifying in high light vs. low light conditions.  This is 
due to increased symbiont activity and an associated increase in the uptake of 12C under 
high light scenarios.  Thus, an increase in light levels associated with an increase in 
surface ocean stratification likely resulted in higher irradiance values at G. ruber and G. 
sacculifer calcification depths and a subsequent increase in foraminiferal δ13C. 
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In addition to the well-documented deglacial δ 13C- minima event, the 35,000-yr 
record of δ13C from TR163-19 reveals the occurrence of an earlier δ 13C- minima event, 
of higher magnitude (0.6 ‰ decline), occurring between 34 and 27 kyr (Figure 7).  This 
indicates that respired carbon-rich waters were present at thermocline depths throughout 
the last 35,000 years in the EEP.  The presence of a glacial carbon-rich pool at 
thermocline depths in the EEP is further supported by the 14C age offsets (Δ14Cduter-ruber) 
exhibited between N dutertrei and G. ruber (Figure 10).  The source of this older, 
respired carbon pool at thermocline depths has been explored in earlier studies (Spero et 
al., 2002; Feldberg and Mix, 2003; Sarmiento et al., 2004; Dubois et al., 2011; Martinez-
Boti et al., 2015).  These studies indicate the ocean tunneling mechanism for the 
advection of CO2 and nutrient-rich waters from the Southern Ocean at thermocline depths 
in the EEP via the EUC.  In addition to the influx of respired carbon from the Southern 
Ocean, stronger upwelling in our region during the glacial period may have contributed to 
the earlier glacial δ13C- minima event, as increased upwelling would have increased 
productivity in the surface oceans and the amount of light carbon transported to 
thermocline depths (Figure 11).  The decline in upwelling during the deglaciation 
indicates that the most likely source of light carbon at this time was from the advection of 
Southern Ocean waters via the ocean tunneling mechanism.      
As stated earlier, the stable isotopic compositions and core top calculated 
calcification temperatures and pCO2 concentrations for G. sacculifer indicate that this 
species is capturing the chemical composition of the upper thermocline (EUC) waters at 
the TR163-19 core location (Figure 2).  The G. sacculifer pCO2aq record indicates the 
presence of CO2-rich waters in the upper thermocline throughout most of the glacial 
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period (Figure 7).  Though the Δ pCO2 record would normally suggest that this region in 
the EEP served as a source of CO2 to the atmosphere during the glacial period, the Δ 
pCO2 record presented in this study represents differences in CO2 concentrations between 
thermocline waters and the atmosphere.  Thus, peaks in thermocline Δ pCO2 does not 
necessarily imply that this region was a source of CO2 to the atmosphere, as high CO2 
waters may be restricted to thermocline depths.  Rather, a decline in thermocline Δ pCO2 
could indicate a decline in the supply of CO2 to the thermocline via the EUC influx or 
subsidence, declining productivity or a loss of CO2 to the surface-ocean and atmosphere.  
For example, the concurrent surface-dwelling G. ruber [CO3
2-] record shows only mild 
variation during periods of peak glacial thermocline Δ pCO2 (Figure 10).  This indicates 
that high glacial CO2 concentrated waters were restricted to thermocline depths, 
regardless of increased upwelling intensity at this time.  
 
4.5.3 TIME OF EEP THERMOCLINE CO2 VENTILATION 
The timing of thermocline CO2 ventilation events in the EEP as recorded by 
TR163-19 Δ14Cduter-ruber covary nicely with existing ventilation records from the Southern 
Ocean (core MD07-3076) and with the periods of rising atmospheric CO2 concentrations 
as recorded in Antarctic ice cores (Figure 10; Skinner et al., 2010; Luthi et al., 2008).  
Though the low resolution of this record limits our interpretation of short-term key 
ventilations events, sometime between 21 and 18.3 kyr old, respired carbon was released 
from thermocline depths into the surface ocean and atmosphere. This was followed by 
little change in Δ14Cduter-ruber from 18 to 13 kyr and a rapid decrease in age difference 
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during the YD, coincident with the second period of rapidly rising atmospheric CO2 
concentrations in the atmosphere (Figure 10).  During these two key periods of CO2 
ventilation, both upper thermocline Δ pCO2 and surface-ocean (G. ruber) [CO3
2-] decline, 
indicating a transfer of CO2 from the thermocline to the surface oceans (Figure 10).  
Thus, the timings of both thermocline ventilation events are coincident with the two 
periods of rapid CO2 rise in the atmosphere during H1 and the YD.  
The near-perfect anti-correlation between the upper thermocline Δ pCO2 record 
from the EEP and the Southern Ocean deep Atlantic reservoir ages indicates a tight 
coupling of CO2 ventilation changes between the two regions.  As pointed out by 
Martinez-Boti et al. (2015), though the Skinner et al. (2010) Southern Ocean ventilation 
record strongly indicate the Southern Ocean as a dominant contributor to CO2 evasion to 
the atmosphere during the H1, little change in Southern Ocean ventilation is observed 
during the second rapid rise in atmospheric CO2 that occurs during the YD.  The 
Δ14Cduter-ruber and Δ pCO2 records presented here further implicate the EEP as a dominant 
contributor to the atmospheric rise in CO2 during the YD.   
 
4.5.4 MECHANISMS AND REGIONS OF CO2 EVASION IN THE EEP 
Though upwelling intensity does appears to have some control on the supply of 
high pCO2 waters to the upper thermocline (Figure 11), it is not appear to be a dominant 
control on CO2 evasion to the atmosphere in this region during the glacial period as 
surface ocean [CO3
2-] remains relatively constants throughout the glacial period when 
thermocline ΔpCO2 was highest (Figure 10).  Regardless of increased stratification 
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during the deglaciation, we observe a loss of CO2 from thermocline depths in the EEP.  
The synchronous decline in surface-ocean [CO3
2-] as Δ pCO2 and Δ
14Cduter-ruber decrease 
indicates the transfer of CO2 from thermocline depths to the surface ocean from the LGM 
through 15.5 kyr and during the YD.  Further, the occurrence of these thermocline 
ventilation events at the time of atmospheric CO2 rise as recorded in Antarctic ice cores 
indicates the transfer of EEP thermocline CO2 to the atmosphere (Figure 10).  However, 
the decline in upwelling in this region of the EEP at this time indicates that another 
mechanism is responsible for the transfer of CO2 from the thermocline waters to the 
surface ocean and atmosphere (Figure 11).   
As previously discussed (Section 4.2.2), EUC waters are currently upwelled at the 
Galapagos Islands (1-2°N, 90-92°W) and along the Peru coastline, where core ODP1238 
was collected.  In contrast with the upper thermocline habitat of G. sacculifer collected 
from the TR163-19 collection site, G. sacculifer collected from the Peru coastal 
upwelling region exhibit δ 13C and δ 18O comparable to those recorded in G. ruber, 
indicating that G. sacculifer is calcifying in the surface mixed layer at this location 
(Martinez-Boti et al., 2015).   The decline in thermocline Δ pCO2 as recorded from G. 
sacculifer collected from TR163-19 is coincident with a simultaneous rise in surface 
ocean Δ pCO2 as recorded from G. sacculifer collected from ODP1238 during the early 
deglaciation (Figure 10).  This indicated that EUC transferred CO2-rich waters from the 
Southern Ocean eastward into the thermocline waters of the EEP and the upwelling 
regions off the coast of Peru, contributing to atmospheric CO2 rise.  Near surface currents 
could have acted to transfer the upwelled, high CO2 waters westward from the Peru coast 
back to the surface waters around the Galapagos Islands (Kessler, 2006).   This, in 
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addition to equilibration with rising atmospheric CO2 concentrations, would explain the 
decline in surface-ocean [CO3
2-] at the TR163-19 ore site during the deglacial period. 
 
4.6 CONCLUSIONS 
The results of this study illustrate that the thermocline waters of the EEP were 
bathed in CO2 - rich waters during the last glacial period (mean Δ pCO2  = 167 ppm), and 
that much of this CO2 was lost to the surface oceans and atmosphere during the 
deglaciation and Holocene (mean Δ pCO2 = 28 ppm).  Thermocline pCO2aq in this region 
began to rise again at the onset of the Holocene to modern values of ~ 450 ppm (mean Δ 
pCO2 ≈ 190 ppm).  We rule out upwelling as the mechanism behind this transfer as two 
independent upwelling proxies (Δδ18Oduter-ruber and %TOC) indicate an increase in surface 
ocean stratification in the EEP during the deglaciation.  Rather, we conclude that the 
ocean tunneling mechanism transferred CO2 – rich waters from the Southern Ocean into 
the EEP via the Equatorial Undercurrent during H1 and the YD.  These waters were 
upwelling off the coast of Peru and likely eastward of our core location in the EEP.  This 
study provides the first carbonate system evidence for the transfer of CO2 from EEP 
thermocline waters to the atmosphere during the two periods of rapidly rising CO2 
concentrations in the atmosphere.  
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Table 4.1 Raw and corrected radiocarbon ages for G. ruber and N. dutertrei. Calendar 
























Figure 4.1 Core locations overlain on a mean annual ΔpCO2 map created using Global Ocean Surface Water Pressure of CO2 




















Figure 4.2 Surface ocean properties for the upper 250 m collected from station 8 (1°N, 
92°W) during the IRONEX cruises (Millero et al., 1998; collected November, 1993).  
Dashed pink, blue and black arrows mark the depth habitats of G. ruber, G.sacculifer and 
N. dutertrei, respectively. A thick, grey band marks the approximate depth of the EUC at 
TR163-19.  Predicted δ18O was derived using temperature and salinity measurements, the 
salinity-δ18Ow equation from Benway and Mix (2006) and the HL equation from Bemis et 
al. (1998). pCO2 and [CO3








Figure 4.3 Map of the EEP illustrating the seasonal distribution of regions of upwelling 
and downwelling (Modified from Pennington, 2006).  The approximate latitudinal 
location of the ITCZ in the EEP are shown for January and July (black dashed line).  The 
location and branches of the EUC are shown by the white dashed line.  Also shown are 














Figure 4.4  Age models for core TR163-19.  Black squares and pink circles are the 
corrected 14C ages for N. dutertrei and G. ruber, respectively. N. dutertrei 14C ages are 
older than G. ruber ages by an average of 800 years.  The dashed blue line is the original 
δ18O SPECMAP age model for TR163-19 (Lea et al., 2002), with the two N. dutertrei 14C 









Figure 4.5  δ11Bmeasured-δ
11BBorate (Sanyal et al., 2001) and ρA-[CO3






Figure 4.6  (a) DIC -corrected δ13C records for G. ruber (pink), G. sacculifer (blue) and 
N. dutertrei (black). (b) G. ruber normalized δ18O records for G. ruber (pink), G. 









Figure 4.7 (a) Calculated pCO2aq for core TR163-19 using [CO3
2-] and pH (electric blue) 
and TASAL and pH (navy blue).  (b) DIC -corrected δ
13C records N. dutertrei from core 
TR163-19 (blue) and ODP1238 (red). (c) Record of Antarctic δ13C of CO2 from Schmidtt 
et al. (2012). (d) Record of compiled Antarctic ice core CO2 concentrations from Luthi et 









Figure 4.8 (a) TR163-19 salinity record calculated using G. ruber Mg/Ca Temperature 
(Lea et al., 2002) and δ18O with the salinity- δ18Ow relationship from Benway and Mix 
(2006).  (b) Reconstructed paleotemperatures for G. ruber (pink, Mg/Ca, Lea et al., 







Figure 4.9 (a) Calculated pCO2aq for core TR163-19 using [CO3
2-] and pH (electric blue) 
and TASAL and pH (navy blue; this study).  Also shown is the pCO2aq record from ODP 
site 1238 (red; 1°87’S, 82°78’W; Marinez-Boti et al., 2015).  (b) Salinity-derived total 
alkalinity for core TR163-19 (c) TR163-19 G. sacculifer ρA- derived  [CO3
2-]. (d) G. 
sacculifer δ11B-derived pH for core TR163-19 (blue; this study)) and ODP site 1238 (red; 
Marinez-Boti et al., 2015). (e) G. sacculifer δ11B for core TR163-19 (this study) and ODP 










Figure 4.10 (a) TR163-19 G. ruber ρA- derived  [CO3
2-]. (b) Δ pCO2 (pCO2aq - pCO2atm) 
for core TR163-19 (blue; this study) and ODP site 1238 (red; Marinez-Boti et al., 2015). 
(c) Deep water reservoir ages (benthic-atmosphere age offset, B-Atm) for S. Ocean core 
MD07-3076 (black solid line) and raw 14C age offsets between N dutertrei and G. ruber 
(Δ14Cduter-ruber) for core TR163-19 (black stars and dashed line)  (d) Record of compiled 









Figure 4.11 (a) Calculated pCO2aq for core TR163-19 using [CO3
2-] and pH (electric 
blue) and TASAL and pH (navy blue).  (b) δ
18O offset between Globigerinoides ruber and 
N. dutertrei  (Δδ18Oduter-ruber), lower values represent periods of enhanced surface-ocean 
mixing. (C) % TOC, higher values represent increased surface ocean productivity. (D) 
Reconstructed paleotemperatures for G. ruber (pink, Mg/Ca, Lea et al., 2002).  (E) 
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